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Abstract 

Mountain headwaters contribute a greater amount of water to streamflow in Western Canada, 

relative to their area than lowland areas.  Despite this, there is poor understanding of the source 

water contributions to late summer streamflow and how streamflow may be affected by increases 

in temperature and changes in precipitation patterns.  This study used a water balance approach 

to study the sources of late summer streamflow and quantify groundwater storage in the Opabin 

watershed, a high alpine site within Yoho National Park, British Columbia, Canada.  Field 

observations input into the water balance included stream discharge measurements, snow depth 

and density data, spatially distributed precipitation and on-site meteorological data.  Snowmelt 

contributions to the water balance were quantified using a spatially distributed energy balance 

model (Utah Energy Balance Model).  Spatially distributed incoming shortwave radiation was 

modeled using ArcGIS Solar Analyst.  End-of-winter snow accumulation was quantified using a 

combination of interpolated field measurements and SWE reconstruction.  The snowmelt 

modeling portion of this study included an assessment of the dominant controls on spatial melt 

rates in this watershed.  Incoming has a greater influence than spatially variable SWE in 

controlling melt rates in this watershed, and this is attributed to the large gradients in incoming 

solar radiation.  

 

The water balance for two years indicates that annual groundwater storage in the watershed was 

8-10% of the annual water balance. However, groundwater contributions during August and 

September were a substantial component of streamflow, as ascertained by a greater proportion of 

discharge relative to hydrologic inputs during those months.  Linear reservoir modeling results 

and analysis of the time of concentration indicate that the response time during peak flows is on 

the order of several days.  Response time during late summer and fall is approximately 14 days, 

as quantified using master recession curve analyses.  This work contributes to the understanding 

of the relative contributions of hydrologic input sources to late summer streamflow in alpine 

regions. 
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chosen field site for this particular study was the Lake O’Hara Research Basin (LORB), located 

in Yoho National Park and bordering the Continental Divide in the headwaters of the Columbia 

River Basin (Figure 1-1).  Traditional techniques for studying groundwater, such as drilling 

wells, are not logistically feasible in addition to not being permissible within a National Park.  

Therefore, a water balance approach was chosen as a means for quantifying the magnitude of 

groundwater storage and hydrologic response time in the Opabin watershed, a sub-watershed of 

LORB.   

 

Given the importance of snowmelt in the water balance, it became apparent early in this study 

that it was necessary to accurately quantify the timing of snowmelt inputs to the watershed to 

successfully obtain storage estimates from the water balance.  As a result, a large portion of this 

body of work has focussed on spatially distributed snowmelt modeling in the watershed.  

However, the primary objective of this thesis was to address the knowledge gap that exists in 

regards to the role of groundwater processes in alpine regions.  Specific questions that were 

addressed included (1)What is the magnitude of groundwater storage within the annual water 

balance?  (2) How important is the release of groundwater in sustaining late summer and autumn 

streamflow? (3) What is the watershed hydrologic response time within this watershed? 

 

Addressing the thesis objectives required collection of substantial amounts of field data, in 

conjunction with modeling snowmelt inputs into the watershed.  Therefore the methodology used 

in addressing these objectives included: (1) Quantifying the spatially distributed shortwave 

radiation within the watershed, using commercially available software, for the purpose of 

providing forcing data to a distributed snowmelt model and (2) Quantifying the snowmelt input 

to the water balance using a distributed energy balance snowmelt model (Utah Energy Balance 

Model).  Method (2) necessitated high quality data on end-of-winter snow water equivalence 

(SWE) in the watershed; therefore, a method of reconstructing SWE from the combined use of 

the energy balance model and oblique photography was implemented in achieving this.  Finally, 

the magnitude of groundwater storage in the watershed was quantified using a daily water 

balance. 
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1.5 Figures 

 

Figure 1-1 Opabin watershed within the Lake O’Hara Research Basin.  Contour interval is 50m.  

Inset map shows the location within North America. Red star is location of long-term automatic 

weather station. 
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Figure 1-2  Weather observations at the Opabin automatic weather station (2230 masl) for 2007 

(blue) and 2008 (black).  A. Daily mean temperature, B. Daily mean windspeed, C. Daily mean 

snow depth , D. Daily total precipitation for 2007 and E. Daily total precipitation for 2008. 
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beam and (ii) the terrain configuration [Garnier and Ohmura, 1968], and is generally calculated 

using geometric equations.   The proportion of diffuse radiation is typically less than that of 

direct radiation, and is dependent on atmospheric conditions, zenith angles and the sky view 

factor [Chen et al., 2006].  Exceptions to the lower proportion of diffuse to direct radiation may 

occur during cloudy conditions or during the winter months (e.g. near to winter solstice).  Terrain 

reflected radiation is dependent on the angle of the incident beam relative to terrain, the 

geometry of the opposing terrain, and the albedo of the reflecting surface [Garnier and Ohmura, 

1968].  Direct radiation comprises the majority of the shortwave radiation flux [Chen et al., 

2006], although this depends on the solar angle and the contributions from diffuse radiation can 

be important in regions with cloudy conditions.  

 

There is evidence that the magnitude of terrain-reflected shortwave radiation relative to direct 

and diffuse components may be important, depending on the solar angle, terrain configuration 

and albedo of the terrain from which radiation is reflected.  A Monte-Carlo simulation of 

radiation determined that ignoring the effects of terrain reflected radiation can introduce errors of 

up to 10% [Miesch et al., 1999].   A solar radiation model evaluated for rugged terrain in the 

Sierra Nevada, U.S.A. indicates that terrain reflectance contributes an average of 17% of the 

shortwave flux and locally as much as 66% [Dozier, 1980].  However, it should be noted that this 

model was for clear-sky conditions only, and that terrain reflected radiation is likely to be much 

lower during cloudy conditions.  In contrast, the use of a three dimensional radiative transfer 

model in northern Washington, U.S.A. indicated that reflected radiation is usually less than 1% 

of total radiation during clear-sky conditions and up to 3% when snow cover is present [Chen et 

al., 2006].  Recently, the first physical measurement of terrain reflected radiation was conducted 

at Weissfluhjoch, Switzerland, wherein a horizon screen in conjunction with a radiometer was 

used to alternately measure screened and unscreened radiation [Helbig et al., 2010].  The terrain 

comprised 3% of the hemispherical view at this site and contributed a maximum of 20 Wm-2 

when there was snow cover (high albedo) and 3 Wm-2 during the summer when the albedo of 

reflecting surfaces was lower.  This terrain-reflected radiation is not insignificant; however, 

quantification of this flux requires an estimation of albedo in the surrounding terrain, and 
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uncertainties in the albedo may introduce errors of similar magnitude as ignoring contributions 

from terrain-reflected radiation. 

 

There are numerous methods of quantifying solar radiation which vary in complexity.  Increases 

in computing power and easy access to digital elevation models (DEM’s) have improved the 

computational ease of areal calculations of radiation.  Three dimensional radiative transfer 

algorithms are currently the most complex and accurate (yet computationally intensive) solution 

to the radiation problem, wherein the 3D transport of photons is modeled statistically using 

Monte Carlo simulations [Chen et al., 2006].  Multiple linear regression equations based on 

output from a Monte Carlo 3D radiative transfer scheme were developed as a means of retaining 

some of the accuracy of the radiative transfer scheme but making it computationally accessible 

for implementation in climate modeling [Lee et al., 2011].  Numerous other simpler 

parameterizations have been investigated for reducing computational intensity, such as statistical 

representations [Essery, 2004; Essery and Marks, 2007] and vector solutions [Corripio, 2003].  

In other cases, radiation modeling has been incorporated within more complex alpine hydrologic 

process models, such as Alpine3D [Lehning et al., 2006].  

 

Parametric models are the most commonly used approach for applied radiation modeling.  In 

these models, potential incoming radiation can be modeled at a point, or for all grid cells of a 

DEM, using geometric equations that incorporate variables such as latitude, solar declination, 

solar zenith angle, solar azimuth angle in addition to the geometry of the slope at a point [Dozier, 

1980; Oke, 1987].  Algorithms can also be included that incorporate shading by surrounding 

terrain [Dozier and Frew, 1990; Fu and Rich, 1999; Marsh et al., 2012].  The use of digital 

elevation models and algorithms that calculate local horizons through hemispherical skyview 

have reduced the computational intensity of these calculations [Dozier and Frew, 1990]. 

 

Most methods outlined in the preceding paragraphs simulate clear-sky radiation.  Including the 

effects of cloud cover is more difficult due to the transient nature of clouds and the complicated 

effects they have on the diffuse flux.  Some authors have used remote sensing data such as 

Landsat [Peddle and Duguay, 1995] or GOES satellite data [Dubayah and Loechel, 1997] to 
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quantify cloud cover, in conjunction with parameterization based on a DEM to quantify terrain 

effects.  This is a promising method but remote sensing data is currently unavailable at the 

temporal resolution (e.g. hourly) required for input to many snowmelt models.  

 
2.1.1 Geographical Information Systems Radiation Modeling 

In recent years several models for calculating solar radiation have been implemented in 

geographical information systems (GIS).  The usefulness of the GIS platform lies in the 

integrated capability for both calculations and visualizations.  The Solar Flux module was one of 

the earlier versions of radiation models in ArcGIS [Dubayah and Rich, 1995], and has since been 

upgraded to Solar Analyst [Fu and Rich, 1999].  The module r.sun has been written for the open-

source GRASS platform and has the capability to simulate direct beam, diffuse and reflected 

radiation, and account for cloudy conditions.  The handling of diffuse beam parameters is 

somewhat biased to European conditions [Hofierka and Šúri, 2002], although there is potential to 

modify this if local data is available.  Solar Analyst lacks some of the complexity and flexibility 

of r.sun, but has been applied to a range of applications [Batlles et al., 2008; Julián and Chueca, 

2007; Jun, 2008; Tovar-Pescador et al., 2006] due to its widespread availability. 

 

Several studies have used GIS-based radiation models for quantifying solar radiation in complex 

terrain [Batlles et al., 2008; Dubayah and Rich, 1995; Jun, 2008; Ruiz-Arias et al., 2009; Tovar-

Pescador et al., 2006] at daily and monthly scales for DEM resolutions of 20m to 100m.  The 

models were used to simulate potential incoming radiation [Jun, 2008] or all-sky (clear, cloudy 

and partially cloudy) conditions [Batlles et al., 2008; Ruiz-Arias et al., 2009].   These studies 

have evaluated the accuracy of GIS radiation models relative to measured data but have not been 

targeted at providing radiation data for high temporal input to further modeling efforts. 

 

This study presents the application of the ArcGIS Solar Analyst module for the purpose of 

providing radiation input to a spatially distributed snowmelt model.  There are other methods 

available that have been demonstrated to produce good results in alpine terrain [Dozier and 

Frew, 1990; Marsh et al., 2012] and modeling radiation has been integrated into sophisticated 

alpine process models [Lehning et al., 2006].  However, ArcGIS Solar Analyst was chosen for 
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investigation because it is easily accessible and therefore it was of interest whether it was 

suitable for producing adequate radiation simulations for further use in snowmelt modeling.  The 

radiation model was run for a 4.7 km2 watershed using a Light Detection and Ranging (LiDAR) 

DEM.  The DEM resolution was 2m, but was tested at 2m, 5m and 10m resolution.  The 

snowmelt application necessitates sub-daily input; therefore, the radiation is modeled at the same 

resolution as the measured data is stored (half-hourly).  Half-hourly and daily average radiation 

is compared to measured data at four locations in the watershed.  Comparisons were made 

between measured data and modeled potential (clear-sky) radiation using available clear-sky 

measured data.  Batlles et al. [2008] modeled both clear-sky and cloudiness within Solar Analyst 

and noted poor results with the cloudy simulations. Here we model clear-sky radiation and apply 

a simple scaling algorithm, modified from Hock and Noetzli [1997], in which modeled clear-sky 

incoming radiation was scaled relative to measured data to obtain a spatially distributed estimate 

of radiation for all sky conditions.  The objective of this study is to test whether the widely 

available ESRI ArcGIS Solar Analyst is an effective method of generating solar radiation data 

for use as a forcing component in a distributed snowmelt model in an alpine watershed with 

complex topography.   

 
2.2 Site Description and Instrumentation 

The Opabin watershed, located within the Lake O’Hara Research Basin (51.35° N, 116.32° E) 

(Figure 2-1) in Yoho National Park was the site for which the radiation model was parameterized 

and tested. This area is a headwaters alpine watershed located within Yoho National Park, British 

Columbia, Canada along the western side of the continental divide.  The topography is extremely 

rugged, with elevations ranging from 2000 to 3400m.  Slope angles range from 0 to 81 degrees 

with a mean watershed slope of 33 degrees, calculated by averaging the slope over the entire 

DEM domain.  In the interior of the watershed, the Opabin ‘plateau’ has slope angles of less than 

35 degrees whereas the surrounding cirque walls are primarily greater than 50 degrees with many 

zones of near vertical cliff walls.  There is one long-term automatic weather station (AWS) on 

site (Opabin AWS) and during 2008 three other AWS were deployed (Babylon, Tarn, Glacier) 

(Figure 2-1, Table 2-1).  All stations were instrumented with Kipp and Zonen four-component 

radiometers (CNR-1).  In order to cross-reference all radiometers, the Tarn radiometer was 
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deployed at the Opabin AWS from September 4-17, 2008.  The Tarn radiometer was 

subsequently simultaneously deployed with the Babylon and Glacier radiometers at the 

University of Calgary Weather Station (UCWS) from October 21 – December 5, 2008.  The 

radiometer at the UCWS (Eppley PSP) is reserved for use only for calibration purposes.  The 

Tarn radiometer values were closest (R2 = 0.998) to the values of the UCWS radiometer; 

therefore, all of the field sensor data (Opabin, Glacier, Babylon) were adjusted relative to the 

Tarn sensor using a linear regression equation.  Prior to correction, all radiometers were within 

10%.  After the adjustment, the root-mean-square-error (RMSE) differences among the four 

radiometers were within 2.4-11.6 Wm-2, or 1.6-3.6 % of the average radiation during the cross-

referencing periods. In comparison, the measurement accuracy of Kipp and Zonen CNR-1 

radiometers is reported by the manufacturer as +/- 10% of the daily total radiation. 

 

2.3 Methods 

The Solar Analyst module within ArcGIS 9.2 was used for all of the analyses.  A 2m DEM 

derived from Light Detection and Ranging (LiDAR) data [Hopkinson et al., 2009] was available 

as input and was coarsened to 5m and 10m to test the effect of DEM resolution.  DEM resolution 

has the potential to impact the melt estimates, and specifically, the distribution of melt rates, as 

the terrain tends to become flattened at coarser resolutions [Hopkinson et al., 2010].  The DEM 

covers a total area of 11.7 km2, while the area of the watershed is 4.7 km2.  It is important that 

the extent of the DEM captures all of the neighbouring terrain that may cast shadows into the 

watershed.  In this case, the Opabin watershed is situated on the continental divide and is not 

overshadowed by any surrounding peaks.  Solar Analyst generates a hemispherical viewshed or 

local horizon [Fu and Rich, 1999] to capture the sun track relative to each point on the DEM. 

 

ArcGIS Solar Analyst was used in ‘point’ mode for the testing phase of the analysis to minimize 

computation time.  The radiometers used here measured incoming radiation to a level plane; 

therefore the DEM was ‘flattened’ at each radiometer location to ensure a slope angle of zero 

degrees for adequate comparison.  Sensitivity analyses were conducted for the permanent Opabin 

AWS (Figure 2-1) to determine the importance of various parameters on the radiation output.   
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Measured incoming shortwave radiation was used to select clear-sky days based on absence of 

cloud cover effects and daily peak radiation values that were close to theoretical values.  

Following calibration at the Opabin AWS, the transmissivity and chosen diffuse fraction were 

tested against measured clear-sky data at the other three AWS locations.   

 

2.3.1.2 Sensitivity testing 

Sensitivity testing was conducted on the several adjustable parameters within the ArcGIS solar 

radiation module.  The objective was to determine the parameter set that resulted in the best 

accuracy, while keeping computation times reasonable.  The following parameters were tested: 

 

1) Sky size – This parameter represents the resolution of the upward looking hemisphere 

used to generate the viewshed, sky maps and sun maps.  Tested resolutions were: 

200x200, 512x512, 1000x1000. 

 

2) Calculation directions – This parameter represents the number of calculation directions 

used when generating the viewshed from any given grid cell.  Increasing the calculation 

directions resulted in a more accurate viewshed but increased computation time.  Tested 

values: 16, 32, 64, where each number represents the number of divisions (out of 360 

degrees) in the viewshed and sky maps. 

 

3) Zenith and azimuth directions – This parameter represents the angular divisions used 

when calculating sky maps.  This parameter does not affect computation time.  Tested 

values: 8, 16, 32, where each number represents the number of divisions (out of 360 

degrees) in the viewshed and sky maps. 

 

4) DEM resolution – Coarsening the DEM resolution will result in change to the 

elevation of a given grid cell, in addition to impacting the viewsheds, sky maps, and slope 

and aspect values used in calculations.  A lower resolution DEM will result in a more 

generalized terrain surface.  Tested resolutions:  2m, 5m, 10m. 
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Where Qglobal_mo is the global clear-sky shortwave radiation at the measurement point and Rc is a 

cloud factor defined as: 

 

Rc = Qdir_m/ Qdir_mo                 [2-5] 

 

Where in this case, Qdir_m is an empirical calculation of the estimated direct shortwave at the 

AWS (based on a combination of measured and model output) calculated by: 

 

Qdir_m = Qglobal_m – Qdif_mo                    [2-6] 

 

Where Qglobal_m is the total measured shortwave at the Opabin AWS and Qdif_mo is the diffuse 

radiation calculated using the calibrated model.  A value of Rc >= 1 represents an estimate of 

clear sky conditions and R<1 indicates the presence of cloud cover. An Rc >1 is possible when 

the modeled radiation is underestimated (i.e. Qdir_mo <  Qdir_m) as occurs when there are horizon 

errors (uncertainty associated with modeled timing of sun appearance/disappearance relative to 

local horizon).   Rc is referred to as the ‘cloud factor’, and is applied to the grid cells as follows: 

 

Qglobal = (Qdif_mo + Qdir_mo) x Rc               [2-7] 

 

where Qglobal is the total modeled incoming shortwave radiation at a location.  There are three 

general applications of this equation: (1) both the grid cell and the AWS are in direct sunlight 

and the ratio is applied, (2) the grid cell is not receiving direct sunlight and therefore no scaling 

is required (i.e. Qglobal = Qdif_mo), and (3) the grid cell is in direct sunlight but the AWS is not, in 

which case, the most recent defined ratio is applied.  It is acknowledged that this simplification 

does not account for variations in incoming diffuse radiation that occur in clear-sky versus 

cloudy conditions.  It is considered to be a simplistic accounting for cloud cover that relates the 

ratio of actual radiation to potential clear-sky radiation to global radiation (Eq. 2-7) that is 

dependent on the presence of measured incoming radiation within the region of interest. 
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2.4 Results and Discussion 

 

2.4.1 ArcGIS solar radiation –transmissivity 

Modeled clear-sky radiation with transmissivity values of 0.72, 0.73 and 0.74 were compared to 

measured radiation at the Opabin AWS for 86 clear-sky days (during 2004 through 2009) and 

assessed using RMSE (Eqn. 2-1) and MBE (Eqn.2-2).  The model underestimated solar radiation 

during the winter months; therefore, the model performance was also evaluated independently 

for the snowmelt months (April 1 – Sept 30).  A transmissivity value of 0.74 (Table 2-3) resulted 

in the lowest RMSE for the entire year (RMSE = 18.2 Wm-2) and for the snowmelt season 

(RMSE=16.8 Wm-2).  The MBE was -5.4% for the entire year; however, the underestimation is 

largely a result of the poor model performance during the winter months and the MBE for the 

snowmelt season was -1.7%. 

 

2.4.2 ArcGIS solar radiation module sensitivity testing 

The optimum resolution of sky size, calculation directions, zenith and azimuth divisions and 

DEM resolution for the solar radiation module was established using sensitivity testing in which 

measured clear-sky radiation data (Opabin AWS) was compared to modeled data. The modeled 

radiation was most sensitive to the DEM resolution, with a change in RMSE of 7 Wm-2 as the 

resolution decreased from 2m to 10m.  In this case, the RMSE and MBE decreased as the DEM 

resolution was lowered.  It is important to note that the transmissivity parameter has the greatest 

impact on modeled radiation and was the same for all sensitivity tests.  All other parameters had 

minor influence on modeled radiation, with changes of less than 1.4 Wm-2 with parameter 

adjustments.  A high resolution DEM will most accurately represent the local horizon which is 

important in complex terrain; however, increasing the resolution of the DEM will result in 

greatly increased computation times.  Increasing the calculation directions also increases 

computation time.  Therefore, the optimum parameter set was chosen to balance accuracy and 

available computing resources (Table 2-4).  For example, although the best results were found 

with skysize of 1000x1000 and calculation direction equal to 64, a lower resolution was chosen 
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(skysize = 512x512, calculation directions = 32) because it greatly reduced computation time 

without substantial changes in the simulation results. 

 

A time-series of modeled clear-sky radiation versus measured clear-sky radiation with the chosen 

parameter set is shown for two days in June (selected as the clear-sky days in closest proximity 

to the summer solstice) for the Opabin AWS (Figure 2-2).  The model slightly overestimates the 

peak daily radiation but the timing of direct radiation is well captured.  Some of the differences 

in timing are attributed to the handling of the output interval in ArcGIS versus the measured 

data.  The half-hour output interval within ArcGIS begins as soon as any location within the 

domain is receiving radiation (i.e. it may not begin on the ‘half hour’) whereas the measured data 

is averaged (Wm-2) on consistent half-hourly intervals (i.e. 12:00 and 12:30).  This discordance 

results in some difficulties in comparing 30 minute measured and modeled data because the half-

hourly data cannot be perfectly aligned.  However, the differences are fairly minor and may be 

resolved in the future when changes are implemented in the software.  The model accurately 

predicts clear-sky radiation for most of the year but under-estimates clear-sky radiation during 

the two months on either side of the winter solstice (Figure 2-3).  The reasons for the under-

estimation are unclear, but it is likely related to the larger influence of topography when sun 

elevation angle is low [Zeng et al., 2008].  The model predicts no direct radiation at the Opabin 

AWS near to winter solstice while from field observations there is direct radiation at this site 

during that time period.  Additionally, there is a greater percentage of diffuse radiation during the 

winter months that is not captured by using a single diffuse parameter for the entire year.   

Underestimation in the winter has been observed in other studies using the Solar Analyst module 

[Batlles et al., 2008; Jun, 2008], suggesting this result is not specific to this watershed or 

particular DEM.  The model also appears to slightly under-estimate clear-sky radiation from 

mid-February until the end of June (Figure 2-3).  This coincides with the period of snow-cover in 

the watershed and it is possible that the radiometer is receiving reflected radiation from the 

surrounding steep slopes in the watershed.  Despite these shortcomings, the root-mean-square-

error (RMSE) for daily clear-sky radiation as compared to 84 measured clear sky days at the 

Opabin AWS was 18.2 Wm-2 or 9.6% of average measured radiation, which is within the 

manufacturer specified accuracy of the radiometers (Table 2-3).  The RMSE further decreases to 
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16.8 Wm-2 when only the portion of year in which snowmelt occurs is considered.   Comparison 

of modeled and measured 30 minute clear-sky data (Figure 2-4A) shows a reasonable 

correlation, but indicates that there is a negative bias in the modeled results and this bias remains 

when only the snowmelt period is plotted (Figure 2-4B).  Some of the scatter in the 30 minute 

data is likely attributable to the software’s handling of the time output, as mentioned above.  

Daily average radiation is more critical to snowmelt modeling, because it is the daily net 

radiation that is the main driver of melt processes.  A comparison of daily modeled and measured 

radiation shows good agreement (Figure 2-5), with R2 = 0.98 and 0.96 for the period of Jan 1- 

Dec 31, and April 1-Sept 30, respectively.  There is no bias in daily average results (Table 2-3). 

 

2.4.3 Modeled clear-sky radiation results at three radiometer locations 

The calibrated parameters from the Opabin AWS were used to simulate radiation at the three 

other radiometer locations.  For each location there was reasonable agreement between the 

modeled and measured radiation and site-specific variations in the timing of direct radiation was 

well captured (half-hourly radiation is illustrated for August 17 in Figure 2-6; this date was 

chosen as the day in closest proximity to summer solstice for which clear-sky data was available 

for all stations).  However, the peak daily radiation at the Glacier site is over-estimated by the 

model.  This site is one of the more difficult places in the watershed to simulate radiation 

because it is in close proximity (ca. 100m) to high cliff walls (height 300-400m) on the southern 

horizon; therefore, modeled radiation is more prone to errors induced by the resolution and 

accuracy of the DEM.  It should also be noted that the Glacier AWS was a floating station, 

placed on the glacier snow surface with a tripod and mast.  Therefore, it is possible that the 

radiometer was not perfectly level at all times (as the station moved as the snow melted).  An 8° 

variation in angle may influence the maximum and daily average incoming radiation at this site 

by up to 10%. 

 

Clear-sky measured data was compared to modeled for the few clear-sky days within the 

measurement period.  There is generally a poor fit between measured and modeled half-hourly 

data (Figure 2-7) with RMSE ranging from 57.1-88.9 Wm-2 (Table 2-5).  Once again, this is 

likely partially due to the mismatch between modeled and measured time step.  These stations 
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are less centrally located within the watershed; therefore, they are more sensitive to horizon 

errors (inaccuracies in when the modeled sun track appears and disappears over the local 

horizon) and some of the error is likely attributable to these effects.  The daily integrated 

radiation was significantly better than half-hourly with RMSE ranging from 13.0-18.8 Wm-2 at 

each location (Table 2-5).  In all cases, there was a positive bias in the modeled results at these 

stations that was not present at the Opabin AWS.  MBE ranged from 5.1-17.5 Wm-2 for half-

hourly data and 4.1-17.7 Wm-2 for daily average radiation.  There were few days of clear-sky 

data at these sites which limits the conclusions that can be drawn from these data.  Additional 

measured clear-sky data would strengthen confidence in the transferability of the parameters 

from the Opabin AWS to the other locations. 

 

2.4.4 Modeled all-sky radiation at all radiometer locations 

The ‘scaling’ algorithm (as described in Section 2.3.1.4) is a simple method to account for cloud 

cover and was used to model all-sky (cloudy, partly cloudy and clear) incoming shortwave 

radiation at all radiometer locations.  The algorithm was applied to half-hourly data and the 

model results were evaluated for both half-hourly and daily integrated radiation.  The cloud-

factor was derived from the Opabin AWS (Eq. 2-4) and then applied to other locations.  A 

comparison of modeled and measured radiation for half-hourly data is shown in Figure 2-8.  The 

modeled results for Opabin, Babylon and Tarn locations show a slight positive bias. For all 

stations, the data points where modeled radiation is underestimated relative to measured (linear 

features in Figure 2-8) occurs due to the time-step problem (discussed in Section 2.4.2 above) in 

which the sun has disappeared over the local horizon, but the modeled radiation time is slightly 

off-set.  At the Glacier location this leads to a net under-estimation of radiation, despite the 

model generally over-estimating radiation in mid to higher values.  Additionally, scatter exists in 

all plots, even for the Opabin station for which the cloudfactor, Rc , was derived, because in all 

cases it is solely the direct shortwave radiation that is scaled by Rc.  The modeled diffuse 

radiation is added to the scaled direct radiation (Eq. 2-5).  This handling of diffuse radiation is 

over-simplified, yet produces reasonable results.  Some of the deviation between measured and 

modeled half-hourly data can be attributed to the highly transient and local nature of partial 

cloud cover (especially during summer months when convective cloud cover is common). 
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Comparisons of daily integrated radiation (Figure 2-9) show a negative bias at Opabin (MBE=-

8.3 Wm-2) and a positive bias at the other three stations (MBE ranging from 4.2-7.8 Wm-2).  The 

average root-mean-square-error (RMSE) for all stations for daily modeled versus measured 

radiation was 17.5 Wm-2 (Table 2-6) which was considered adequate given the simplistic 

accounting for cloud cover and consideration that measurement error is as much as 10%.  The 

mean bias error (MBE) (Table 2-6) showed a slight positive bias when averaged over the four 

stations (MBE = 2.5 Wm-2).  Different cloud conditions result in large variations in radiation 

from day to day (Figure 2-10) highlighting the importance of an effective means to capture this 

change in radiation.  The algorithm applied in this study is useful in small watersheds but other 

means of accounting for cloud cover would be necessary in larger regions or in areas where there 

is insufficient measured radiation data. 

 

2.4.5 Distributed radiation maps and application to snowmelt modeling 

The Opabin watershed consists of very heterogeneous alpine terrain and explicit representation 

of differences in radiation received is critical for accurate modeling of snowmelt.  Solar radiation 

in the watershed was modeled using a 5m DEM.  A 5m DEM was chosen to retain sufficient 

spatial detail in radiation but to reduce computational expense relative using to the high 

resolution 2m LiDAR DEM that was available for the watershed.  Figure 2-11 provides an 

indication of the large spatial variations in receipt of direct shortwave radiation, in addition to the 

impact of micro topography.   

 

In this study (Chapter 3), the Utah Energy Balance (UEB) model is used to model distributed 

snowmelt on a 25m grid.  For this purpose, the 5m radiation was aggregated to 25 m.  Modeling 

radiation on a 5m resolution results in higher accuracy in this watershed because lowering the 

DEM resolution can appreciably alter the viewshed horizon and therefore the timing of sun 

appearance and disappearance.  By aggregating the 5m radiation to 25m, all of the radiation 

variability present at 5m is retained yet the computational intensity of the snowmelt model is 

reduced.  
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2.5 Conclusions 

Radiation was modeled using ArcGIS Solar Analyst in a 5 km2 topographically rugged 

watershed in the Canadian Rockies for the purpose of generating spatial radiation input for use in 

a distributed snowmelt model.  The model was run on a 5m DEM at a half-hourly time step.  

Solar Analyst requires specification of the diffuse fraction and transmissivity and these values 

were obtained through calibration with measured radiation data.  Daily clear-sky radiation at the 

Opabin AWS was simulated with RMSE of 9.6% relative to average measured radiation.  Results 

were best for the spring, summer and fall (RMSE = 5.9% of average measured radiation), with 

the poorest accuracy occurring in the winter months.  A limitation within the commercial 

software is the inability to specify the starting time of the desired output interval for sub-daily 

output.   

 

The effect of cloud cover in the watershed was modeled using a simple scaling algorithm based 

on measured data in the watershed.  RMSE of modeled versus measured data in all sky 

conditions (clear, partly cloudy and cloudy) was 10-19% of averaged measured values at three 

additional measurement locations within the watershed.  This method is an over-simplification of 

the changes in diffuse radiation that occur during cloudy conditions.  In future work, 

incorporation of a more physically-based representation of diffuse radiation would be preferable.  

 

ArcGIS Solar Analyst is a widely available commercial tool.  Although Solar Analyst can be 

used for generating solar radiation input data for forcing a snowmelt model in a small 

mountainous research watershed, recent developments in modeling solar radiation likely produce 

more accurate simulations with reduced computation times [Marsh et al., 2012].  However, in 

the absence of access to more sophisticated means of modeling shortwave radiation, ArcGIS 

Solar Analyst may be used to model solar radiation at a high temporal resolution.  The 

availability of field measurements is essential for accounting for cloud cover conditions.  
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Figure 2-1 Opabin watershed map with locations of radiometers.  Contour interval is 50m. 
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Figure 2-2  Final calibrated ArcGIS Solar Analyst parameter set (modeled) versus measured 

clear-sky incoming shortwave radiation at the Opabin meteorological station, for June 28-29, 

2008. 

 

 
Figure 2-3 Daily total measured versus modeled incoming clear-sky shortwave radiation at the 

Opabin weather station, as modeled with ArcGIS Solar Analyst. 



 

26 

 

 
Figure 2-4 Measured versus modeled clear sky shortwave radiation at the Opabin AWS 

radiometer (30 min. interval) for A) Jan 1-Dec 31 and B) April 1-Sept 30.  Black line is 1:1. 

 

 

 
Figure 2-5 Measured versus modeled clear sky shortwave radiation at the Opabin AWS 

radiometer (daily average) for A) Jan 1-Dec 31 and B) April 1-Sept 30.  Black line is 1:1. 
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Figure 2-6  Final calibrated ArcGIS parameter set (modeled) versus clear-sky incoming 

shortwave radiation for August 17 at the A) Glacier radiometer B) Babylon radiometer C)Tarn 

radiometer.  Solid line is measured and dashed line is modeled. 

 

 
Figure 2-7 Measured versus modeled incoming clear sky shortwave radiation (30 min) for A) 

Babylon B) Tarn and C) Glacier radiometers. Black line is 1:1. 



 

28 

 
Figure 2-8  Measured versus modeled incoming shortwave radiation (adjusted for cloud cover) 

at 30 minute time interval A. Opabin B. Babylon C. Tarn D. Glacier. Black line is 1:1. 
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Figure 2-9  Measured versus modeled incoming shortwave radiation (adjusted for cloud cover, 

daily average) A. Opabin B. Babylon C. Tarn D. Glacier. Black line is 1:1. 
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Figure 2-10 Time series - measured versus modeled incoming shortwave radiation (adjusted for 

cloud cover, daily average). A. Opabin B. Babylon C. Tarn D. Glacier. Note – Day of Year 

(DOY) scale is different at each location. Black line is modeled and red line is measured. 

 



 

31 

 
Figure 2-11  Spatial variation in incoming direct clear sky shortwave radiation for June 21, 

2008, as modeled using ArcGIS Spatial Analyst.  Black line delineates the Opabin watershed. 
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end of season SWE distribution could be replicated by applying spatially uniform melt rates.  

However, they were uncertain whether this relationship would hold true in other watersheds with 

different terrain attributes.  Similar results were also found by [Anderton et al., 2004] in the 

Spanish Pyrenees.  In yet another study the spatial distribution of forcing data was found to be 

more important than initial SWE distribution in controlling patterns in snow covered area 

throughout the melt season [DeBeer and Pomeroy, 2010; DeBeer, 2012].  It is logical that SWE 

distribution may control melt rates during the early period of the melt, when variations result in 

different required energy inputs to reach an isothermal, melting snowpack.  However, it is 

counterintuitive that this would persist through to the end of the melt season, with spatial SWE 

distribution being more dominant than spatial patterns in energy inputs.  This question seems 

especially pertinent in mountainous terrain, where there are very large gradients in spatial 

radiation receipts due to shadowing effects.   

 

The primary reason for undertaking this study was to quantify the temporal snowmelt flux in an 

alpine watershed, for input to further hydrological studies. However, the objective of this chapter 

was to pursue a means of simplifying the snowmelt modeling process, given the difficulties in 

modeling winter snow redistribution processes and/or quantifying the end-of-winter SWE 

distribution in alpine terrain.  This secondary objective was addressed by asking the questions: 

(1) Is SWE distribution at the onset of melt more or less critical to accurately simulating the 

snowmelt flux than the spatial distribution of forcing variables (net radiation, temperature, 

humidity)?  (2) Can a simplified representation (e.g. averaging) of (A) snow distribution or (B) 

meteorologic forcing data be used to accurately model snowmelt in a complex mountain 

watershed as a single grid cell?  

 

The Opabin watershed within the Lake O’Hara Research Basin was the study site for which 

these objectives were addressed (Figure 3-1).  The heterogeneous terrain in this watershed 

necessitated quantifying the SWE distribution prior to melt onsite.  This was accomplished with 

a SWE reconstruction approach, in conjunction with intensive field snow survey data.  The first 

portion of this chapter will outline the methods used to effectively determine SWE distribution 
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and snowmelt.  The second portion will address the results of different modeling scenarios that 

were used to answer questions (1) and (2) above. 

 

3.2 Background 

 

3.2.1 SWE reconstruction methods 

Accurately modeling snow accumulation in complex alpine watersheds requires methods of 

quantifying wind redistribution [Liston and Sturm, 1998; Liston et al., 2007; MacDonald et al., 

2009] and avalanche redistribution [Bernhardt and Schulz, 2010; Bernhardt et al., 2012; De 

Scally, 1992; De Scally and Gardner, 1989] and is still not easily applied. By modeling only the 

ablation season, the uncertainties associated with transport and sublimation [MacDonald et al., 

2010] of winter snow in alpine terrain can be avoided, but requires the peak SWE to be 

quantified. 

 

Accurately quantifying peak SWE accumulation in alpine watersheds is of interest to researchers 

and water managers alike.  However, at present there are very limited means by which to obtain 

this data.  Intensive manual field campaigns are only practical within research watersheds, and 

even then, are often impossible in inaccessible and dangerous terrain. Remote sensing products 

are available to produce estimates of snow covered area (SCA), but as of yet no feasible means 

of directly determining SWE is available in mountainous regions.  Passive microwave sensors 

are able to detect SWE [Dahe et al., 2006], but at present the scale of the data (0.5 degree) is too 

coarse for most practical applications in mountain areas and the sensors have difficulty 

quantifying SWE in regions of deep snow accumulation.  

 

In recent years, SWE accumulation and distribution has been quantified using a SWE 

reconstruction approach. The premise of this method is that if the date of SCA disappearance is 

known, then the peak SWE accumulation at that location can be determined by integrating the 

potential snowmelt at that location until the date of snow disappearance (Figure 3-2).  Since the 

first alpine applications of this method [Cline et al., 1998; Martinec and Rango, 1981] it has 
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been successfully applied using several different snowmelt modeling approaches and using a 

variety of SCA products (details of studies below). 

 

The success of the SWE reconstruction is balanced between the temporal and spatial resolution 

of the SCA product, and the appropriateness of the choice is determined by the application of 

interest.  A comparison of high spatial (30m), but low temporal (2 weeks) resolution Landsat 

ETM (Enhanced Thematic Mapper) data with low spatial (500-1000m) but high temporal (daily) 

MODIS (Moderate Resolution Imaging Spectroradiometer) data concluded that the Landsat data 

provided a better SWE estimate despite the lower temporal resolution [Molotch and Margulis, 

2008].  This is likely a result of poor SCA classification in the MODIS data [Molotch, 2010].  

Efforts have been made to combine these two SCA products with some success [Durand et al., 

2008].  Despite the usefulness of remote sensing products for SCA detection, the method is 

dependent on the acquisition of cloud-free imagery which is not always possible.  For example, 

the SPOT satellite was tasked for weekly acquisition of remote sensing data throughout 2007 in 

the Lake O’Hara research basin, but no data was acquired due to frequent cloud cover.  In this 

case, terrestrial photography is an option for filling this gap [Farinotti et al., 2010; Schmidt et al., 

2009], although likely impractical in all but small research watersheds.  In yet other approaches, 

snow pillows have been used to establish the snow-free date [Raleigh and Lundquist, 2012]. 

 

The majority of the SWE reconstruction efforts have used either a temperature index or modified 

temperature index (including net radiation) approach [Durand et al., 2008; Molotch, 2009; 

Molotch and Bales, 2006; Molotch and Margulis, 2008; Rice et al., 2011].  This approach is 

desirable in that it has limited data requirements, and does not require any information on the 

snowpack state variables.  Modeling snowmelt with a temperature index approach involves 

deriving a ‘melt factor’ that is used to calculate melt at each time-step.  Fairly accurate 

simulations of snowmelt are possible with temperature index approaches due to the correlation of 

temperature with components of the energy balance [Ohmura, 2001].  However, it is generally 

acknowledged that the melt factors employed are tuning factors, and often are not transferrable 

to other locations, types of terrain or even different temporal periods at a site for which they have 

been developed [Hock, 2003].  As temperature-index modeling methods begin to incorporate 
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more parameters that reflect the underlying energy balance components that drive melt, their 

transferability increases [Carenzo et al., 2009]. For the study discussed herein, an energy-balance 

approach was used because the large range in terrain conditions (slope, elevation, shortwave 

energy receipt) would necessitate the derivation of a range of melt factors for which calibration 

data are unavailable.  Secondly, the spatial and temporal distribution of melt fluxes is of critical 

importance for the primary objective of evaluating the magnitude and timing of the snowmelt 

flux resulting from different model configurations.  

 

Summer precipitation can complicate the reconstructed SWE estimates.  The impact of 

precipitation during the ablation season is two-fold: (i) if additional SWE from spring and 

summer snowfalls is not accounted for then peak SWE may be overestimated (ii) rain-on-snow 

events may impact the predicted melt through both heat advection and re-freezing events in deep 

snow packs.  Despite this, summer precipitation is often ignored in SWE reconstruction efforts.  

In some regions, this has been evaluated to be appropriate because the majority of annual snow 

accumulation occurs prior to maximum snow accumulation [Molotch, 2010]; however, in regions 

with significant precipitation during the ablation season errors in the peak SWE estimate may 

occur.  Temperature-index methods derive a melt factor without incorporating the impact of 

snowfall events on melt rates, and are therefore an unsuitable method for SWE reconstruction 

estimates in regions with substantial melt season snowfalls. A distributed energy-balance 

approach may be more effective for accurately capturing the spatial variations in albedo and melt 

rates caused by rain and snow events during the ablation season. 

 

A couple of studies have used a full energy balance model for SWE reconstruction.  Cline [1997] 

used SNTHERM [Jordan, 1991] to determine potential snowmelt in the Emerald Lake watershed 

where heterogeneous terrain result in important spatial variability in radiation input. In Homan et 

al. [2011], the Utah Energy Balance (UEB) model was run at three points in Idaho and two in 

Alaska for the purposes of testing the reconstruction method for developing modified snow 

depletion curves.  The potential depth of snowmelt was integrated for the SCA of each pixel 

between image acquisition dates.  However, neither of these approaches accounted for 

precipitation during the ablation season. 
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3.3 Methods 

 

3.3.1 Field data 

All field data was collected in the Opabin watershed during 2007 and 2008 (Figure 3-1).   

 

3.3.1.1 Maximum snow accumulation survey 

Field data was collected between early April and mid-October for 2007 and 2008.  A survey to 

quantify maximum snow accumulation was conducted during both years from April 16 – April 

21.  A total of 1272 depth points and 208 density points were collected for 2007, and 1339 depth 

and 131 density points in 2008 (Table 3-2, Figure 3-3). The data were collected in an 

approximate grid pattern, with depth points measured every 25-30m along UTM northings.  

Spacing between northing lines was 50-100m.  Coordinates of the measurement locations were 

recorded with a handheld GPS with expected accuracy +/- 10m, with occasional poor satellite 

coverage resulting in accuracy of +/-50m.  A grid pattern was initially chosen so that the 

complex snow accumulation patterns could be characterized through the collection of a large 

dataset, with the intent to stratify the snow survey in future years.  However, the data collected in 

2007 revealed complex snow-redistribution patterns, especially prevalent in the southern 

portions of the watershed, that would not be well captured with a stratified survey; therefore, the 

grid pattern was used in both years.  The year 2007 was a bigger snowpack year with a mean 

measured snow depth of 2.02m while the mean measured snow depth in 2008 was 1.85m.  

Density was measured with a Federal sampling tube approximately every fifth depth 

measurement.  The Federal sampler is a small diameter (0.041m inside diameter) core sampler 

with which SWE is calculated by weighing the core and sampler together and then subtracting 

the mass of the sampler.  Tube sections are 0.76 m long and multiple sections are combined to 

reach the base of deep snowpacks.  It is generally accepted that density varies less than depth 

[Logan, 1973], and these data confirm this with a lower coefficient of variation for density (0.11-

0.15) than for depth (0.32-0.37).  During 2007, density was also measured in eight snow pits 

using a 1000 cm3 wedge sampler, with density sampled at 15cm depth intervals.  These data 
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were used to verify the accuracy of the Federal sampler density measurements.  A comparison of 

snow pit and tube sampler densities determined that the Federal sampler densities were over-

estimated by 9%; therefore all tube density samples were adjusted accordingly.  Other authors 

have noted a similar over-estimation of density by the Federal sampler [Farnes et al., 1982]. 

 

3.3.1.2 Snowmelt season transects 

Six snowmelt transects were measured bi-weekly from May 22 – Aug 19, 2008 (Figure 3-1), for 

the purpose of having measured data with which to validate results from the snowmelt model.  

Transects varied from 150-250m long, depth was measured every 5m along each transect and 

density was measured every fifth density measurement, using the Federal density sampler.  The 

transects were situated at various slopes, elevations and aspects to capture the spatial variation in 

melt rates.  An additional two locations (snow plots) were measured intensively (SWE ‘plots’) 

on a weekly basis beginning in mid-June.  Each snow plot was 20m x 20m and depth 

measurements were taken every 2m, and density measurements every fifth depth measurement.  

An additional set of snow transect data measured in 2006 was used for snowmelt model 

validation purposes.  Those data consisted of seven transects measured approximately bi-weekly 

from mid-April through until mid-July (at which point snow had disappeared from all transects 

except the one located on Opabin glacier). 

 

3.3.1.3 Meteorological data 

Two semi-permanent automatic weather stations (AWS) are located in the Lake O’Hara 

watershed at 2230m (Opabin) (Figure 3-1), and at 2000m (O’Hara -650m NW of gauging point 

G5 in Figure 3-1).  At Opabin AWS, data is measured every 5 minutes and recorded (averaged or 

summed) every 30 minutes, and data at O’Hara AWS is averaged or summed hourly.  Opabin 

AWS data includes incoming and outgoing shortwave and longwave radiation (Kipp & Zonen, 

CNR-1 four component radiometer), temperature and relative humidity (Vaisala, HMP-45), 

snow depth (Campbell Scientific, SR-50 sonic ranger), wind speed and direction (RM Young, 

Model 05103-10), solid and liquid precipitation (Geonor T200B weighing precipitation gauge) 

and liquid precipitation (Hydrological Services, CS700 tipping bucket).  The O’Hara AWS has 



 

40 

the same instrumentation with the exception that the four component radiometer is replaced with 

a net radiation sensor (Campbell Scientific, NR-Lite).  Precipitation elevation lapse rates were 

calculated from the difference between the two weighing precipitation gauges, after correction 

for wind undercatch using the method of Smith [2007], with the method modified to correct  

half-hourly data rather than daily [Smith, pers.com.].  Low average wind speeds at Opabin AWS 

resulted in less than 10% correction for undercatch, and no correction was required at the 

sheltered O’Hara AWS.  An alternative comparison has shown that the Smith [2007] correction 

method produces erroneous corrections [MacDonald and Pomeroy, 2007].  Due to the low wind 

speeds at the Opabin AWS, the Smith [2007] versus MacDonald and Pomeroy [2007] method 

results in only a 1% difference in total annual precipitation .  The AWS data, in conjunction with 

four temperature and relative humidity sensors (Veriteq) placed along an elevation transect in the 

Opabin watershed (Figure 3-1) were used to establish temperature and relative humidity lapse 

rates, based on monthly means.  During summer months in 2008 three other AWS were deployed 

(Babylon, Tarn, Glacier).  All stations were instrumented with four-component radiometers 

(Kipp & Zonen CNR-1).  Data from these radiometers were used to validate the incoming 

longwave parameterization used in the distributed UEB model.  Information on cross-referencing 

and calibration of the radiometers can be found in Chapter Two, Section 2.2. 

 

3.3.1.4 Oblique photography  

Terrestrial oblique photos of snow covered area (SCA) were obtained weekly to bi-weekly to 

characterize the SCA depletion and SWE (using SWE reconstruction methods) for regions that 

were inaccessible during the maximum accumulation snow survey.  Photos were taken with a 

Nikon D80 digital single reflex lens camera with a 24mm fixed focal length lens.  Photo captures 

began on June 11, 2007 and June 20, 2008 (there was little to no decrease in SCA prior to this) 

and continued until the end of the melt season.  The photos were taken from three camera 

locations (Figure 3-1) from which approximately 50% of the watershed was visible (Figure 3-1, 

Figure 3-3).  The geographic coordinates of the camera locations were determined using a 

differential Global Positioning System (GPS) (Sokkia GSR2700 ISX). 
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3.3.1.5 Stream discharge 

Streamflow was monitored weekly from early June until the end of September at two locations 

that, combined, represent total discharge from the watershed (Figure 3-1, G1 and G4).  The 

majority (90-95%) of the flow leaves the basin from the G1 location which is the primary 

monitoring point.  During the peak of snowmelt, a second location, the ephemeral G4 stream was 

also monitored.  For both locations, discharge was calculated using the area-velocity method 

from manual measurements made using a hand-held propeller flow meter (Global Water FP101).  

Salt dilution methods were not feasible at these sites because of poor lateral mixing (stream 

width much greater than depth) and/or short stream reaches.  Continuous water stage 

measurements were recorded every 10 minutes (averaged hourly) during June 8 – Oct 2, 2007 

and June 10 – Sept 24, 2008 using pressure transducers (In-situ, Level Troll).  Therefore, a stage-

discharge relationship was used to determine continuous discharge.  Previous assessment of the 

uncertainty of the stream discharge measurements at this site found the uncertainty to be less 

than 10% [Hood et al., 2007].  Post-season calibration of the flow meters used in this study was 

conducted using a method similar to that described by Turnipseed and Sauer [2010] (p. 53).  The 

flow meters over-estimated flow velocities, so all flow data was reduced by 9%. 

 

Stream stage measurements were not possible during the month of May, even though the streams 

were running, due to the presence of ice and snow.  Therefore, stream discharge at the outlet to 

Lake O’Hara was used as a proxy.  A linear regression equation was established between the 

Opabin Creek (G1) and Lake O’Hara (G5) discharge for the month of June in each year (R2 = 

0.84 for 2007 and  0.89 for 2008) and this equation was used to estimate Opabin discharge for 

the month of May. 

 

Winter base flow was estimated using a combination of (i) recession curves and (ii) winter 

discharge measurements at G4 (Lake O’Hara watershed outlet).  A recession constant was 

obtained by compiling a master recession curve [Tallaksen, 1995] from stream recession 

segments from the Opabin discharge time series from mid-August onwards, when there is 
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minimal snowmelt inputs.  Only recession segments that were free of precipitation events were 

included, for a total of 11 data segments between 2005 and 2011. An exponential recession curve 

of the following form was used: 

 

Q(t) = Q0 exp(-kt)                                               [3-1] 

 

Where Q(t) is the discharge at time t (day), Q0 is the discharge at t=0, and k is the recession 

coefficient (d-1), representing a delay resulting from storage in the watershed. The decay 

coefficient was then used to calculate the discharge recession from the last measured point in 

each year.  Two winter baseflow discharge measurements were made at the Lake O’Hara outlet, 

G5 (Jan 27, 2007 and April 18, 2007). The Opabin watershed occupies one third of the area of 

the O’Hara watershed; therefore, Opabin winter baseflow is estimated using a scaling factor of 

one third.  Although the O’Hara outlet exits the lake, lowering of the lake level is unlikely to 

sustain the measured winter base flow and the winter base flow in that stream may be augmented 

by groundwater input [Hood et al., 2006].  Regardless, in the absence of direct winter 

measurements in the Opabin watershed, the discharge values from the recession curves and the 

scaled G5 discharge provide lower and upper limits, respectively, on the winter baseflow. 

 

3.3.2 Measured SWE interpolation 

Measured snow depth was interpolated using a combination of binary decision trees [Elder et al., 

1998; Molotch et al., 2005] and co-located co-kriging.  The snow depth data was normally 

distributed due to the extensive snow re-distribution in the watershed (e.g. regions of snow 

scouring and deposition).   Snow depth was first predicted with binary decision trees with slope, 

aspect, elevation and solar radiation (as quantified in Chapter 2) as the predictor variables.  The 

RMSE relative to measured data was 0.46m for 2007 (0.53m for 2008), for n=1200 (2007) and 

n=1320 (2008).  A co-located co-kriging approach was then used in which the binary decision 

tree estimate was co-kriged with the original snow depth estimate. In this method, locations 

nearer to the measurement point are weighted more heavily towards the measured data and 
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locations further away are weighted more towards the binary decision tree prediction for that 

location.  Appendix A contains additional details on the interpolation methods. 

 

Snow density was measured less frequently than snow depth in the watershed.  A snow depth – 

density regression was established, using a power relationship.  The root-mean-square error 

(RMSE) was 24 kg m-3 and 34 kg m-3 for 2007 and 2008 respectively.  Density was more 

variable in 2008 due to the presence of several melt-freeze crusts within the snowpack that were 

not consistently present across all elevation bands.  The relationship between density and 

variables such as slope, aspect, solar radiation, and elevation were also explored (see Appendix 

A), but the best prediction was obtained when snow depth was used alone.  This depth-density 

relationship was subsequently used to predict density, and calculate SWE for the snow depth 

survey points (see Figure A-5, Appendix A).   

 

3.3.3 Georeferenced images 

Terrestrial oblique-photos were manually post-processed using a photo imaging software (Adobe 

Photoshop, http://www.adobe.com/ca/products/photoshop.html) to remove shadows and to 

distinguish between glacier ice and snow.  The manual process enabled user verification that ice, 

snow and no-snow areas were correctly delineated.  The photos were then georeferenced to the 

digital elevation model (DEM) using the method and software of Corripio [2004].  The digital 

elevation model was obtained using light detection and ranging (LiDAR) on August 25, 2006, 

and has a resolution of 2m. Further info on the acquisition and processing of the LiDAR data can 

be found in Hopkinson et al. [2009]. In the georeferencing process, each pixel in the image was 

assigned a geographical location.  User input information includes the DEM, viewshed, photo, 

camera attributes, and ground control points in addition to the geographical coordinates of the 

camera, and the geographical coordinates of the photo center point (target point). The viewshed 

is the portion of the DEM that is visible from the camera perspective (a raster image created in a 

GIS program) denoting ‘1’ for points visible to the camera and ‘0’ for points not visible).  The 

points from the DEM were then transformed into the camera’s coordinate system.  A perspective 

projection was used to create a two-dimensional representation (from the point of view of the 

camera) of the DEM’s three-dimensional relief information.  Accurate georeferencing was 
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accomplished by manually adjusting the target point until ground control points (GCP’s) 

matched up with their corresponding points in the photograph.  The GCP’s for each photograph 

direction were obtained from differential GPS surveys in the field and/or landmark points picked 

from the DEM (such as summits, low points in passes, and large boulders distinguishable in the 

high resolution LiDAR DEM).   

 

The georeferenced two-dimensional photos were represented with RGB (red green blue) values 

for each pixel.  The blue band was used to classify the pixels as ‘snow’ or ‘no-snow’ based on a 

threshold value that distinguished between snow and snow-free.  Snow was typically best 

represented by blue band values greater than 100.  In the final step, multiple photographs were 

mosaicked together to produce a single binary raster for each photo date. 

 

The uncertainty in the georeferenced images was assessed by determining the position of a 

stationary object (e.g. large rock or tree) in multiple images and calculating the change in 

geographic position between images.  The uncertainty was typically less than +/- 5m but 

occasionally as much as +/-10m.  This uncertainty is slightly larger than another study using the 

same method [DeBeer, 2012], wherein the uncertainty was assessed to be +/-3m.  However, in 

that study camera positions were fixed on a tripod which helped to minimize changes in 

photograph alignment between image captures.  Further information on the georeferencing 

process is found in Appendix B. 

 

3.3.4 Snowmelt modeling – Utah Energy Balance Model 

Snowmelt modeling was initiated on April 18 for each year, just prior to the peak accumulation 

in this watershed.  Only the ablation season was modeled (April 18-October 31).   By modeling 

only the ablation season, the uncertainties associated with modeling winter snow redistribution in 

this complex environment were avoided.  The Utah Energy Balance (UEB) model [Luce, 2000; 

Tarboton and Luce, 1996; Tarboton et al., 1995; You, 2004] was chosen for use at this site. UEB 

is a one-layer, vertical energy balance model that uses two state variables: (1) snow water 

equivalence and (2) energy content relative to the reference temperature of 0°C.  In the 

configuration used in this study, input data included incoming shortwave and longwave 
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radiation, temperature, wind speed and relative humidity.  Turbulent fluxes are calculated in the 

model using the bulk aerodynamic method.  Albedo is calculated as a function of snow surface 

age in addition to the solar illumination angle [Tarboton and Luce, 1996]. Further details on the 

UEB model can be found in Tarboton et al. [1995] and in Tarboton and Luce [1996].   

 

UEB was chosen because of its robustness and its ability to capture the snowmelt energetics in 

deep snow packs, which has been acknowledged as an important consideration in accurately 

modeling snowmelt [Essery and Etchevers, 2004; Etchevers et al., 2004].  The model was 

successful at simulating snowmelt in a deep snowpack (SWE>1.2m) in the Sierra Nevada 

[Tarboton et al., 1995], despite the representation of the snowpack as a single layer.  However, it 

is noted that to our knowledge, UEB has not been tested in deep, cold snowpacks.  In this study, 

initial comparison of model results against a multi-layer snowmelt model (SNTHERM,  Jordan, 

1991) were favourable which gave confidence in the ability of UEB to simulate snowmelt in 

deep snowpacks, despite the single layer configuration.  It is acknowledged that for applications 

in winter accumulation, the single layer configuration may be limiting, but it is deemed adequate 

for the purpose of modeling an ablating snowpack. Furthermore, snowpack temperatures 

measured in the watershed during mid-April averaged >-5°C, confirming that the model was 

being applied to a ‘warm’ snowpack.  Further, UEB is numerically stable and the computer code 

(FORTRAN) is easily modified.  In contrast, SNTHERM was numerically unstable when forced 

with measured precipitation in conjunction with a deep snowpack and was therefore abandoned 

as a model choice.  The model ISNOBAL [Marks et al., 1999] was another potential candidate 

for application in this study, as was the point version of that model, SNOBAL that has now been 

incorporated into the Cold Regions Hydrological Model [Pomeroy et al., 2007].  Despite the 

proven reliability of these models [DeBeer and Pomeroy, 2009; Garen and Marks, 2005; Marks 

et al., 2001], UEB was chosen  because of the simplicity in distributing the model and isolating 

distributed results for smaller portions of the watershed, which is an important feature within the 

scope of this study and others in this research watershed.  It is likely that the above mentioned 

models, and additional spatially distributed energy balance models, such as Alpine3D [Lehning 

et al., 2006] will have advantages over UEB for modeling cold snowpacks or for modeling 

winter snow processes. 
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Prior to use in SWE reconstruction, the model was tested using measured data at the Opabin 

AWS and for the 2006 and 2008 snowmelt transects.  The model was initiated at maximum snow 

accumulation, using average SWE measured at each location.  At the Opabin AWS, measured 

data from the AWS was used as UEB input data, including measured wind speed, temperature, 

relative humidity, incoming shortwave radiation and incoming longwave radiation.  The initial 

internal energy of the snowpack was parameterized by calculating the cold content using the 

average snowpack temperature as measured at 10cm depths in the snowpack in snow pits during 

the April snow survey.  For the snowmelt transects, UEB was run for each 25m grid cell that 

each transect passed through, resulting in several simulations for a single transect (the output of 

which was then averaged).  Input data included modeled incoming shortwave radiation (see 

Chapter 2), temperature and relative humidity that were adjusted using elevation lapse rates, 

incoming longwave radiation that was adjusted for terrain emissions and wind speed as measured 

at the Opabin AWS.  Further details of lapse rates and adjustments to incoming longwave 

radiation are discussed in Section 3.3.4.1.  Details of the UEB parameters used are discussed 

further in the results.  Figure 3-4 illustrates the steps of the snowmelt modeling analysis. 

 

3.3.4.1 UEB distributed model 

UEB is inherently a point model, but can be run in a spatially distributed manner by running the 

model for each point of a grid, and by adjusting the input data for the elevation and aspect of 

each grid point.  For this work, a 25m grid resolution was used (7780 grid cells).  A 25m 

resolution was chosen because it is small enough that most small scale variability is captured and 

snowmelt over the grid cell can be considered uniform.  Other grid resolutions were not tested.  

Input and output files for each grid cell were generated and output data were processed in 

commercially available computing software (MATLAB, 

http://www.mathworks.com/products/matlab/).  Incoming solar radiation data was derived from 

ArcGIS Solar Analyst (see Chapter 2).  Solar radiation was modeled for a 5m DEM, and then 

aggregated to 25m.   
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Precipitation, temperature and relative humidity were determined from lapse rates measured on 

site (Table 3-1).  Monthly average relative humidity from the O’Hara and Opabin AWS were 

used to generate an actual vapour pressure lapse rate.  An average lapse rate (-0.428mb/1000m) 

for the period of May through October was used. Actual vapour pressure was then converted to 

relative humidity using the calculated saturation vapour pressure.  Monthly average temperatures 

from the Opabin and O’Hara AWS, Veriteq sensors and a nearby Environment Canada station 

(Wapta Lake) were used to generate monthly temperature lapse rates.  These varied from 3.9-6.5 

°C/1000m.    Precipitation lapse rates were generated from monthly average precipitation as 

recorded in the total precipitation gauges (Geonor T200-B) at Opabin and O’Hara AWS.  

Precipitation lapse rates varied from 3-170%/1000 m   Precipitation lapse rates were lowest 

during the summer months when convective precipitation events are more common and highest 

during April, May and October (Table 3-1) when more regional storms dominate.   

 

The measured wind speed at the Opabin AWS was used for all grid cells.  Wind speed was 

measured at four locations in the watershed during August 2008, with monthly mean wind speed 

1.0 ms-1 (Tarn AWS), 1.3ms-1 (Glacier AWS), 1.7ms-1 (Babylon) and 1.2 ms-1 (Opabin). The 

RMSE (relative to the Opabin AWS) for daily average wind speed ranged from 0.25-0.55 ms-1.  

These data indicate that there are some wind speed variations throughout the watershed, but 

average wind speeds are low.  A correlation between wind speed and elevation at these stations 

is absent.  Given the low average wind speeds relative to the uncertainty associated with 

distributed estimations of wind speed in this complex environment, it was deemed adequate to 

use a constant wind field.  However, it is acknowledged that this simplification may not fully 

represent the turbulent transfer and lateral energy exchanges that actually operate in an alpine 

environment [Helgason and Pomeroy, 2012; Mott et al., 2011]. 

 

Distributed longwave radiation was parameterized based on measured incoming longwave at the 

Opabin AWS, taking into account the sky view and terrain emissions at each grid location [Sicart 

et al., 2006].  In an open, flat location the primary source of incoming longwave radiation is 

from the sky. The portion of the sky that is visible in mountainous terrain is reduced due to the 

presence of shielding terrain; therefore, the longwave contribution from the sky is reduced, but 
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The snowmelt rate in UEB is sensitive to the initial SWE and snowpack internal temperature.  In 

deeper snowpacks, melt water reaching the ground surface is delayed due to refreezing effects 

and the time taken to reach isothermal conditions.  There is a large variation in maximum SWE 

accumulation in the Opabin watershed due to heterogeneous terrain and wind redistribution 

during the accumulation season.  SWE accumulation varies from 0-4m, with no snow 

accumulating on steep rock faces and a large amount of snow accumulating in areas receiving 

avalanche accumulation.  To account for the impact of the initial SWE on the simulation results, 

it was necessary to run several iterations of UEB so that the initial SWE estimate closely 

approximates the final SWE estimate, minimizing errors from an overestimate of initial SWE. 

 

The detail of the modeling process is shown in Figure 3-4.  The objective of the first model 

iteration was to obtain a first estimate of reconstructed SWE.   For this first estimate, internal 

snowpack energetics such as re-freezing of melt water were ignored by setting the percentage of 

melt water that infiltrates the snowpack to zero.  The initial SWE was set to 4000mm, and the 

reconstructed SWE was then calculated according to equation 3-4.  This first reconstructed SWE 

is an overestimation of SWE because re-freezing is neglected, but it is a good initial estimate.  In 

the second model iteration, the initial SWE for each grid cell is set to the reconstructed SWE 

calculated in the previous iteration.  In this second iteration, the effects of re-freezing are 

incorporated by parameterizing the model such that all melt water infiltrates the snowpack.  The 

final reconstructed SWE is then estimated from the second model iteration.  Testing with a third 

iteration yielded very minor changes in the reconstructed SWE estimate, but increased 

computation time. 

 

3.3.6 SWE interpolation 

Approximately 15-20% of the watershed area does not have SWE data from either field 

measurements or SWE reconstruction techniques.  An attempt was made to estimate SWE in 

these areas using binary decision trees [Elder et al., 1998; Erxleben et al., 2002; Molotch et al., 

2005].  The binary decision tree methodology was the same as that for the interpolation of April 

snow survey depths.  A decision tree is constructed using the reconstructed SWE values as the 
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dependent variable, and slope, aspect, elevation and integrated solar radiation (during 

accumulation season) as the predictor variables.  The data was split into training (90% of the 

data) and testing (10% of the data) sets.  The testing data results (R2=0.5-0.6) were similar to the 

best estimates obtained through similar interpolation methods in the literature [Balk and Elder, 

2000].  However, the predictions for the data gap areas were not useable. Although validation 

data is unavailable for those regions, knowledge of the watershed accumulation patterns 

indicates that the decision tree was unable to make sensible predictions in these areas.  This is 

likely because the terrain attributes of the data gap areas are not well represented in the training 

dataset, with much higher elevations and different aspects.  In light of these difficulties, the SWE 

in the data gaps was estimated by applying the mean watershed SWE to grid slopes that had 

mean slope angles less than 55 degrees, and zero SWE to grid cells with mean slope angles 

greater than 55 degrees.  

 

3.3.7 Water balance estimation 

The annual water balance for the Opabin watershed was used as a validation tool for assessing 

the accuracy of the SWE reconstruction methods.  Therefore, all components of the water 

balance were quantified. 

 

3.3.7.1 Glacier melt modeling 

The Opabin glacier (Figure 3-1) occupies 165000 m2 within the Opabin watershed.  Small pocket 

glaciers such as this are abundant throughout the Canadian Rockies; therefore, it was of interest 

to accurately determine the percentage of snow versus ice melt that the Opabin glacier 

contributes to the water balance.  Accurately modeling melt of snow and ice on glacier surfaces 

requires a scheme that accounts for the very different albedo of snow (0.5-0.9) versus ice (0.2-

0.4).  To accomplish this in a simple manner, a parallel model structure was used in which 

snowmelt was modeled (UEB-snow) separately from glacier ice melt (UEB-ice). The models 

were both run on a 25m grid that occupied the area of the glacier.  The albedo in ‘UEB-snow’ 

was parameterized as in the above snowmelt modeling methods (Section 3.3.4) where albedo is 

‘reset’ with new snow, and decays according to an age decay algorithm [Tarboton and Luce, 
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3.3.9 Testing model configurations 

 

3.3.9.1 Spatially distributed complexity 

The spatially distributed model, initialized with either interpolated measured SWE or with 

reconstructed SWE, is referred to as the ‘fully spatially distributed model’.  In addition to the 

fully spatially distributed UEB model, three other configurations were tested.  For simplicity, the 

fully spatially variable model will be denoted by model ‘A’, and the others as follows: (B) 

average SWE, spatially variable forcing, (C) spatially variable SWE, average forcing and (D) 

spatially variable SWE and forcing data as measured at the Opabin AWS.   For all average SWE 

cases, the initial SWE is equivalent to the arithmetical average SWE determined from the 

combination of SWE reconstruction and interpolated snow survey data.  In the case of average 

forcing, the average of the forcing data (precipitation, incoming and outgoing shortwave 

radiation, temperature and relative humidity) for all grid cells was used.  For scenario ‘D’, the 

forcing data as measured at the Opabin AWS was used.  This approach is similar to that of 

Dornes et al. [2008] and DeBeer [2012]. 

 

3.3.9.2 Point model comparison 

The watershed snowmelt was modeled as a single grid cell, using three different modeling 

configurations.  Quite often watersheds similar in size to the Opabin watershed will be modeled 

as single grid cells.  Therefore, it is of interest how different ‘lumping’ scenarios affect the 

timing and the magnitude of the melt. The point simulations here in no way represent the full 

range of results that may be expected from representing a single alpine watershed as a single grid 

cell in a larger model.  However, the simulations present a range of configurations that provide 

insight into the sensitivity of heterogeneous watersheds to forcing variables. Three point model 

configurations were used: 

 

1) P1 – average watershed SWE and average forcing (as outlined in the spatially variable 

models discussed in the preceding section). 
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2) P2 – measured SWE and measured forcing data.  SWE was taken to be the winter 

(November 1 – April 30) precipitation at the Opabin AWS.  Forcing data (precipitation, 

temperature, relative humidity, wind speed, incoming solar radiation and incoming 

longwave radiation) were used directly with no modifications. 

 

3) P3 – measured SWE, modified measured forcing data.  The average watershed terrain   

variables were used to modify the measured AWS data.  The average elevation, slope, 

and aspect for the watershed are 2471m, 32.8 degrees and 188.7 degrees respectively.  A 

single precipitation lapse rate (67%/1000m, mean of April-October monthly lapse rates) 

and average temperature lapse rate (4.9 °C/1000m, mean of April-October monthly lapse 

rates) were applied to the measured forcing data.  Aspect and slope were used within 

UEB to modify the incoming solar radiation for the average slope and aspect. 

 

 

3.4 Results 

 

3.4.1 UEB testing and calibration 

UEB was tested against measured snowmelt data at the Opabin AWS and for the snowmelt 

transects for 2006 and 2008, during which period validation data was available.  The default 

UEB parameters produced reasonable simulated results; however, a few parameters were 

adjusted (Table 3-4), within physically reasonable ranges, to improve the fit with measured data.  

Specifically, the threshold below which all precipitation is snow was adjusted from -1°C to 1°C, 

based on snowfall data obtained from the precipitation and snow depth sensors at the Opabin 

AWS.  New snow albedo was increased to 0.90 from 0.85.  The higher value was based on 

measured new snowfall albedo data at the Opabin AWS, and resulted in a better fit with 

measured data (Figure 3-5).  The initial cold content was parameterized based on the initial SWE 

and using measured snow temperatures within the watershed.  Average snowpack temperatures 

in mid-April in this watershed are typically greater than -5°C.  If the model was initialized earlier 

in winter, the results may be more sensitive to the initial conditions 
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Surface aerodynamic roughness was adjusted from 0.005 m to 0.02 m to obtain a better fit with 

measured data.  This is on the higher end of values found in studies for melting snow (values 

summarized in Table 1 of Moore, [1983]).  However, it is acknowledged that the use of bulk 

transfer methods for modeling turbulent fluxes (as is applied in UEB) is an imperfect 

representation of a physical system.  Recent work has shown that locally measured wind 

gradients may not account for larger scale flow eddies that occur in the presence of mountain 

ridges; therefore, application of roughness lengths from ideal, large fetch locations with smooth 

snow cover may result in under prediction of turbulent fluxes in heterogeneous terrain [Helgason 

and Pomeroy, 2012].  Therefore, the roughness length becomes a fitting parameter, or an 

‘effective’ roughness length. 

 

The continuous time series of measured versus modeled SWE at the Opabin AWS is shown in 

Figure 3-5.  There is good agreement between the two with an early June snow events captured, 

and snow disappearance occurring almost simultaneously in the modeled and measured results.  

Likewise, there is good agreement between the bi-weekly snow transect measurements and the 

modeled results (Figure 3-6, Figure 3-7), with no apparent bias towards under or over predicting 

melt.  Snow disappearance dates at the snow transects are not precisely known because the 

measurement interval was bi-weekly; however, the modeled snow disappearance seems to be 

congruent with the measurements.  

 

Initial modeled results at the glacier site were poor, with modeled results underestimating the 

snowmelt.  The results were improved by lowering the new snow albedo to 0.80.  The physical 

validity of this change was confirmed by comparing modeled to measured albedo at the Glacier 

AWS for a portion of August 2008.  It is hypothesized that dust on the glacier surface from rock 

fall may be the reason for the lower albedo.  However, it is noted that the debris cover on the 

glacier is much less than on nearby talus slopes.  This is discussed further in Section 3.4.3.1.   

Finally, the ground heat flux at the glacier site was set to zero.  Once these adjustments were 

made, there was a good fit between measured and simulated SWE (Figure 3-6, Figure 3-7).   
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3.4.2 Validation of distributed longwave radiation 

During the summer of 2008 there were four radiometers throughout the watershed (Campbell 

Scientific CNR-1) that were used to validate the terrain based parameterization of longwave 

radiation.   Incoming longwave radiation data from the main meteorological station (Opabin) was 

distributed to the Tarn, Babylon and Glacier sites based on [3-2].  The skyview fractions at the 

radiometer locations range from 0.50-0.63 and are representative of typical skyview fractions 

present within the watershed.  The simulated longwave at the Tarn, Babylon and Glacier stations 

correlate well with measured longwave (Figure 3-8) with daily root-mean-square-errors (RMSE) 

of 6.6, 11.8 and 13.9 Wm-2, respectively (Table 3-5).  This is similar to the results found in Sicart 

et al. [2006].  The mean-bias error (MBE, %) was -0.8, -2.6 and 0.8 at the Glacier, Babylon and 

Tarn sites, respectively. 

 

3.4.3 SWE reconstruction validation 

Three methods were used for validating the SWE reconstruction results: (1) comparison with 

measured data within the watershed (2) quantifying the difference between observed SCA 

disappearance (from georeferenced oblique photographs) and modeled SCA disappearance and 

(3) closure of the annual water balance.  Each of these methods is discussed in more detail 

below. 

 

3.4.3.1 Measured versus reconstructed SWE 

The reconstructed SWE values were compared to distributed snow survey data values at several 

locations in the watershed.  It is necessary to first understand the uncertainty of both the 

reconstructed SWE and interpolated snow survey data prior to interpreting the results.  The two 

types of uncertainty in each data type include 1) magnitude errors and 2) location errors.  The 

magnitude of uncertainty in the reconstructed SWE arises from (i) uncertainty in the estimate of 

melt in UEB and (ii) uncertainty in the snow disappearance date.  The magnitude of uncertainty 

in the interpolated snow survey data arises from (i) snow depth measurement error (ii) the 

representativeness of the snow depth measurement in each grid cell (iii) uncertainty in the 

interpolation of measured snow depth and (iv) uncertainty in the conversion of snow depth to 
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SWE via a snow depth-density regression equation.  The location uncertainty for reconstructed 

SWE includes uncertainty in the georeferencing accuracy and for interpolated SWE it includes 

GPS accuracy of the measured snow depth position. It is difficult to predict how each of these 

error sources interact (i.e. are they additive or do they cancel each other out).  However, the 

uncertainty in the snow depth interpolation is on the order of +/-0.7m (~0.2-0.3m of SWE), as 

determined through cross validation, so this would be the ‘best case’ range of minimum expected 

uncertainty, with additional error a possibility.  It should also be noted in the comparison of the 

reconstructed SWE with interpolated SWE, that the overlap of these data sets occurs (Figure 3-3) 

in the spatial region of each data set in which the greatest amount of error is expected.  In the 

case of the reconstructed SWE, the accuracy is greatest when the camera angle is most 

perpendicular to terrain, and this angle declines in the region of the data overlap.  The 

interpolated SWE values have the greatest uncertainty near the margins of the watershed because 

the data becomes more sparse and the terrain characteristics change quickly (slope angle, solar 

radiation, elevation), resulting in possible under representation of these terrain characteristics 

within the binary decision tree model.  Regardless of these limitations, a comparison of these two 

data sets is useful for examining whether bias exists and to examine the relevance of any spatial 

patterns. 

 

Initial comparisons of SWE derived from the interpolated snow survey data versus reconstructed 

SWE (Figure 3-9A) show underestimation by the reconstruction method.  The difference 

between the means in measured and reconstructed SWE was 114mm in 2007 and 61mm in 2008.  

Investigations into the spatial patterns reveal that there seems to be a significant spatial bias 

towards underestimation on the talus slopes on the western side of the watershed (no 

measurements were available for the talus slopes on the east side).  Furthermore, when UEB was 

initialized with interpolated SWE, the snowpack remained later in the melt season than observed 

on the talus slopes, indicating that the underestimation is a result of processes within the UEB 

model.  Possible reasons for this underestimation include (1) the spatial radiation does not 

include reflected radiation so incoming shortwave radiation may be underestimated (for further 

discussion of the role of reflected radiation in alpine terrain (refer to Section 2.1 of Chapter 2) (2) 

enhanced longwave emissions from the nearby cliff walls or (3) lower albedo due to rock fall 
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debris on the snow surface (Figure 3-10).  It is possible that all three contribute to the 

underestimation; however, comparisons of simulated versus measured longwave and shortwave 

radiation compare favourably (Chapter 2).  Additionally, the current longwave and shortwave 

radiation parameterizations result in good snowmelt simulations in other regions of the 

watershed (Figure 3-6, Figure 3-7).  Therefore, overestimated albedo within UEB is the most 

likely candidate for the underestimation in reconstructed SWE on the west talus slopes.  A 

reduction in the modeled albedo results in improved results (Figure 3-9B), with a difference in 

the means of measured and reconstructed SWE equal to 14mm in 2007 and 11mm in 2008. This 

was accomplished by decreasing the maximum albedo in the UEB parameter set (for fresh 

snowfalls) from 0.9 to 0.8.  There is significant scatter in the results in Figure 3-9, but there is no 

systematic bias (MBE =0.9% for 2007, 10.3% for 2008.  The root-mean-square error between 

measured and reconstructed SWE did not change substantially between the uniform and non-

uniform simulations, nor did the covariance or the correlation coefficient (Pearson’s r) (Table 

3.6).  For 2007, the RMSE was 261mm for the uniform albedo simulation and 205mm for the 

non-uniform albedo.  In 2008, the RMSE was 189mm for the uniform albedo simulation, 

increasing to 210mm for the non-uniform albedo.  The increase in RMSE in 2008 when a non-

uniform albedo is used is attributed to the small number of points in the talus locations for which 

albedo was changed.  The final RMSE values for spatially non-uniform albedo equates to 24.2% 

of the mean (interpolated) SWE of the validation points for 2007 and 30.7% of the mean 

(interpolated) SWE for 2008, and is within the uncertainty in the interpolation of measured snow 

depths.   The non-spatially uniform albedo parameterization was selected as optimum due to the 

substantial improvement in the comparison of the means between measured and reconstructed 

SWE (Table 3.6). 

 

The comparison between interpolated SWE and reconstructed SWE (Figure 3-9) has several 

outliers that deserve consideration.  In some locations, reconstructed SWE is much greater than 

interpolated SWE at select points, and it is noted that these points are predominantly located at 

the base of Mt. Hungabee in the southeast corner of the watershed (Figure 3-1) and at the base of 

a large avalanche gully located between Mt. Hungabee and Yukness Peak.  Both of these regions 

experience extensive spring avalanching, with predominantly slough avalanching from Mt. 
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Hungabee and spring slab avalanches in the gully feature (Figure 3-1), and these processes occur 

throughout May and June.  Therefore, it is likely that the April snow survey measurements under 

represented the total amounts of snow that would eventually accumulate in those areas.  

 

3.4.3.2 Comparison of observed and modeled SCA 

The simulated snow covered area (SCA) over the entire UEB modeled domain is compared to 

the SCA generated from the oblique photos (Figure 3-11, Table 3-7 ).  For both years, 78-86% of 

the grid cells with oblique photograph data are correctly simulated as snow covered in UEB, 

depending on the date, with an average value of 87% (85%) for 2007 (2008).  For 2007,  0.5 – 

8.9% (mean 3.7%) of the grid cells are simulated in UEB as snow-free when they are snow-

covered in the oblique photographs, and 0.4 – 11.3% (mean 5.2%) for 2008.   The percentage of 

grid cells that are simulated as snow-covered in UEB when they are snow-free in the oblique 

photographs ranges from 2.2-16% (mean 9.7%) for 2007 and 6.5-11.9% (mean 9.4%) for 2008.  

The SWE reconstruction has been calculated from the disappearance date of snow cover; 

therefore, it is expected that the simulated and observed results should be 100% accurate.  The 

deviations largely result from the lack of re-distribution processes between grid cells.  For 

example, if snow falls on a grid cell that is too steep to retain snow, in the simulated results the 

remains, but in reality it sloughs off to a lower elevation.  The slight bias towards UEB over-

estimating SCA is a result of this process being unrepresented in the modeling approach.  The 

cases of under-estimation of SCA in the UEB simulation result because of the sensitivity of the 

model to the initial SWE.   

 

3.4.3.3 Spatial pattern of reconstructed SWE 

A qualitative analysis of the reconstructed SWE pattern (Figure 3-12) indicates regions of deep 

and shallow snow accumulation.  The patterns are realistic, with the greatest SWE accumulation 

on the Opabin glacier, and at the base of the NW face of Mt. Hungabee (avalanche accumulation 

zone).  Shallow SWE zones are found on steeper slopes and away from avalanche accumulation 

zones. Additionally, similar patterns of snow accumulation are seen each year, which is 

consistent with what others have noted for alpine areas [Anderton et al., 2004].   



 

61 

 

3.4.3.4 SWE accumulation patterns 

The reconstructed SWE and the interpolated snow survey data are merged, and the SWE 

accumulation patterns are evaluated (Figure 3-13).  The snow accumulation pattern is similar 

between 2007 and 2008.  In this watershed, increase in SWE with elevation is observed (Figure 

3-14) but is limited to slope angles that are shallow enough to accumulate snow.  A steep peak in 

average SWE values is observed (Figure 3-14) between 2400-2500m, which coincides with 

slopes below steep cliff faces, where snow preferentially accumulates during the winter 

accumulation period.  Typically, inter-annual persistence of snow accumulation patterns can be 

attributed to the interaction of predominant wind directions interacting with the terrain and 

orographic effects [Anderton et al., 2004; Winstral and Marks, 2002], which is likely the case in 

the central portion of this watershed; however, accumulation below cliffs is another variable in 

this watershed that is likely not well captured by typical terrain indices.   

 

There is potential to use similarities in annual snow accumulation patterns to derive an 

‘accumulation index’ whereby any given grid cell receives either less or more snow than is 

measured at an on-site weather station.  A comparison of SWE for 2007 and 2008 (normalized to 

average SWE for each year) (Figure 3-15) illustrates this relationship.  The comparison was 

repeated for three grid resolutions: 25m, 50m and 100m.  There is significant scatter at 25m, but 

the relationship improves at the two larger resolutions.  This is possibly because the year-to-year 

accumulation patterns occur on a scale larger than 25m, with 50m and 100m grid cells more 

adequately capturing the trends.  The improvement at 100m resolution may also be due to 

uncertainties in the end-of-winter SWE estimate introduced by interpolated field data and 

through spatial errors in the oblique photo georeferencing process that was used to produce 

reconstructed SWE estimates.   

 

3.4.3.5 Water balance 

The input and output components of the water balance for 2007 and 2008 are shown in Figure 

3-16 and Figure 3-17.  The volumes of inputs and outputs are divided by the watershed area to 

obtain a depth of water.  The total input is within 1% of the total output for both 2007 and 2008 
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suggesting that all important water balance components are captured (Table 3-8). The snowmelt 

contribution to the water balance is of similar magnitude to spring/summer precipitation (April 

19 to October 31), ranging from 48-57% of total annual inputs per year. It should be noted, that 

some of this seasonal precipitation falls as snow at upper elevations, and may be retained until 

the following year. Evaporation is a minor component of the water balance.  Evaporation in these 

results is only from snow-free vegetated surfaces and surface water bodies, and does not include 

evaporation or sublimation from snow-covered surfaces.  Evaporation and sublimation from 

snow-covered surfaces was computed within UEB, and has already been deducted from the 

snowmelt contributions.  Glacier melt contributions from the small pocket glacier are relatively 

minor, at less than 1% annually and less than 5% of monthly inputs during the peak melt months 

(Table 3-9).  The low glacier melt contributions are largely due to the limited extent of exposed 

ice, which typically reaches a maximum of approximately 60 000m2.  There is potential for 

glacier melt to be more significant during low snowpack years (or warmer summers) if the snow 

ablation line moves further up glacier.  Despite the limited areal extent, this melt still represents a 

range in lowering of the ice surface in the ablation zone of up to 3.3m (see Appendix C).  

However, it should be noted that melting snow on the glacier is a component of late summer 

hydrologic inputs, and the presence of the cold glacier surface likely results in a large proportion 

of autumn snowfalls being retained until the following melt season. 

 

A portion of the Opabin pro-glacial moraine is ice-cored [Langston et al., 2011] and the 

hydrological contributions from the melting of this feature have not been quantified in this work.  

Previous work [Adams et al., 2009] attempted to quantify the amount of ice melt/depletion 

through comparison of DEM’s generated from two stereo pairs of aerial photographs, 44 years 

apart (1962, 2006).  They determined an average surface lowering over this period of 6m (+/- 

3m), with a range from 0-41m.  Assuming that the volume of deflation is a result of ice melt 

only, without settling processes, and dividing the volume by the watershed area, this represents 

approximately 6mm of water contribution annually.  There is a large amount of uncertainty in 

this estimate, especially because the melt rate may be accelerating (warming climate) or 

decelerating as the ice becomes buried deeper and insulated under rock debris.  Regardless, it can 

be said with certainty that there is some hydrologic contribution from the ice-cored moraine 
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(there is visible massive ice exposed in a few locations), and this is an area for further study in 

this watershed and others.  The timing of water inflows and outflows and other aspects of the 

water balance are discussed further in Chapter 4.  

 

3.4.4 Spatial complexity modeling 

 

3.4.4.1 Spatially distributed results 

Four snowmelt model runs with different spatially distributed complexity were compared: (A) 

spatially distributed SWE and forcing, (B) average watershed SWE, spatially distributed forcing, 

(C) spatially variable SWE, average watershed forcing and (D) spatially variable SWE and 

forcing data as measured at the Opabin AWS.  Results were evaluated qualitatively based on 

time series of water flux to the ground (which includes snowmelt and precipitation combined), 

time series of average watershed SWE and spatial differences in SCA depletion and melt rates. 

 

Evaluation of melt fluxes and average watershed SWE provide an indication of the differences in 

the timing of the snowmelt with each model configuration (Figure 3-18).  It should be noted that 

the snowmelt curves in Figure 3-18 (A, C) represent the total amount of water reaching the 

ground surface, including both snowmelt and rain, whereas the SWE curves Figure 3-18 (B, D) 

show the average watershed SWE.    For comparison sake, the ‘fully spatially distributed’ model 

A is taken as ‘correct’, when comparing between models. A comparison of the four model 

configurations reveals remarkable similarity between model A and B (Figure 3-18).  In model C, 

snowmelt is somewhat underestimated in the early part of the melt season (mid-May through 

mid-June), is well simulated throughout the mid melt and then underestimates in the later melt 

season (second week through until the end of July).  Model D overestimates the magnitude of 

melt from the early melt season through until mid-July, at which points it transitions to 

underestimating the magnitude of melt by upwards of 50%.  This large over-estimation is a result 

of over-estimation of incoming shortwave radiation, because the average watershed aspect is 

south facing.  SWE does not completely disappear from the watershed in any of the models.  

However, in Models A and B SWE reaches its minima at similar times, whereas in Model C the 
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melt is a slightly earlier and it predicts a greater magnitude of total SWE depletion.  In contrast, 

the end of peak SWE decline in Model D occurs a month prior to the other models.  

 

The spatial patterns in SCA for six dates (2007) for the four spatial configurations of model runs 

are shown in Figure 3-19. Similar results were obtained for 2008, so only one year is shown for 

simplicity.  The time series of the watershed SCA depletion is shown in   Figure 3-20.  Models 

A, C, and D are all initialized with the same end-of-winter SWE, so as expected, the SCA pattern 

is similar at the onset of the model run (April 18), and retains some of this similarity in the early 

portion of the melt (June 11).  However, the SCA patterns begin to diverge by late June.   For 

June 29, in Model A, snow disappears first from lower elevations and from more southerly 

facing slopes; whereas, model C tends to over predict SCA at lower elevations.  In model D, 

SCA disappears from all aspects and elevations, and snow remains in areas where the initial 

snow depth was the deepest.  By July 11, Model B most closely resembles model A, with most 

of the snow gone from the interior and lower elevation portions of the watershed.  However, due 

to the initialization with an average SWE value, Model B does not predict the deep snow pockets 

on the Opabin Glacier and within the Mt. Hungabee Cirque (Figure 3-1).  In contrast, Model C 

still over predicts SWE, with SWE remaining at all elevations.  Model D has very little SWE 

remaining relative to Model A.  This general pattern continues through until the late summer 

(July 24 and August 14 in Figure 3-19).  Models A, C and D correctly simulate deep remaining 

SWE in Mt. Hungabee Cirque, although Models C and D under predict the amount of snow 

remaining on the Opabin Glacier.  However, Model B most accurately predicts the remaining 

snow patterns in the late summer, with the exception of underestimating SWE in the Mt. 

Hungabee cirque, despite being initialized with an average SWE value. 

 

The weekly total melt rates (in millimetres of melt) are compared for six weeks throughout the 

melt season in 2007 (Figure 3-21).  Once again, similar results were found for 2008 but are not 

shown here.  It should be noted, that in all models, a lower albedo is used on debris-covered talus 

slopes and on the glacier, to maintain consistency with the fully distributed model.  Therefore, 

the linear regions of isolated higher melt rates for May 15-22 and June 1-7 in Models C and D 

are a result of this albedo difference, not spatial variability in forcing data.  The melt rates in 



 

65 

Model A and Model B are very similar throughout the melt season, with the exception that snow 

disappears from some areas earlier in Model B than A (grey areas, or zero melt rate is indicative 

of snow-free regions).  Models C and D have spatially uniform forcing; therefore, the melt rate 

distribution is primarily dependent on SWE.  The differences observed may partially be 

attributed to differences in cold content during the early season (i.e. cold content needs to be 

overcome before melt water is produced) and are additionally an artifact of different timing of 

snow disappearance throughout the watershed.  A comparison of Model C and D shows the 

higher melt rates throughout the season that result in Model D from using forcing from the single 

AWS within the watershed.  

 

A comparison of the spatial statistics of the four simulations is shown in Figure 3-22 (plotted 

over time).  Models A, B and C have a similar mean SWE throughout the melt season, whereas 

the SWE in Model D quickly declines relative to the others as a result of the higher average melt 

rate.  The standard deviation in SWE deviates between the models by mid-June.  Of course, the 

standard deviation of Model B begins at zero, due to the homogeneous initial SWE, then 

increases and, interestingly, becomes very similar to the fully spatially distributed model.  By the 

end of the simulation, the standard deviation of Model D is the lowest, and most dissimilar from 

the other models as a result of larger regions of the watershed becoming snow-free.  A similar 

pattern exists in the variance, whereby Model D is the most dissimilar from the other models, 

and the spatial variance  in Model B trends closer to Model A over time. 

 

3.4.4.2 Point model results 

The three point model scenarios are compared with the fully spatially distributed model, to 

evaluate the differences in the magnitude and timing of the snowmelt flux (Figure 3-23). The 

fully spatially distributed model is referred to as ‘Model A’, as above.  In all cases, the point 

models correctly simulate the same timing of peaks in melt throughout the early part of the melt, 

and then snow disappears earlier than in Model A.  However, there are large deviations in the 

magnitude of the melt flux in the point model runs. Model P1 underestimates the magnitude of 

the early melt, but then by late-May the timing and magnitude of the predicted melt is quite 

similar to Model A.  Model P2 and P3 over-estimate the magnitude of the melt throughout the 
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melt season, with P2 overestimating 30-100% and P3 overestimated by as much as 200% in mid 

to late May, and following that, by a similar magnitude as P2.  As mentioned early, this is 

attributed to the larger incoming shortwave radiation that results from the average watershed 

orientation being oriented to the south.  There are key differences in the timing of snow 

disappearance between each of the point models and the fully distributed model.  In the fully 

distributed model snowmelt becomes negligible in mid-August, although the snowpack never 

fully disappears from shaded regions of the watershed.  However, in all cases, the point 

simulations predict complete snow disappearance, and much earlier than the majority of snow 

disappearance in the distributed model.  Model P1 predicts snow disappearance approximately 

one month early, and P2 and P3 predict snow disappearance 4-6 weeks early (Figure 3-23).  This 

is similar to the results found by Dornes et al. [2008] for aggregated versus distributed 

simulations in the Wolf Creek Research Basin, Yukon Territory. 

 

3.5 Discussion 

 

3.5.1 SWE accumulation index 

The idea of using similarities in inter-annual patterns in snow accumulation to distribute SWE is 

not new [Gray, 1979].  By establishing an accumulation index for each grid cell, in future years, 

the end-of-winter SWE may be distributed based on a relationship with the winter precipitation 

data.  In the mountains, terrain is a key variable in controlling snow distribution [Winstral et al., 

2002]; therefore, similar patterns are often observed over multiple years [Deems et al., 2008; 

Schirmer et al., 2011; Winstral and Marks, 2002].  Recently, snow distribution patterns have 

been attributed to the fractal roughness of the terrain, with smooth terrain tending to hold more 

snow [Lehning et al., 2011]. However, despite the importance of terrain, changes in predominant 

wind directions, windspeed and storm tracks can result in deviations from the typical 

accumulation patterns [MacDonald et al., 2010].  Yet another confounding factor results from 

the movement of snow on steep terrain through avalanche processes that varies from year-to-

year. Although this problem was outside the scope of this work, there has been progress in 

modeling this translocation of snow through relatively simple algorithms [Bernhardt and Schulz, 

2010].  Therefore, although an accumulation index is an appealing way to predict SWE 
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distributions in the absence of other data sources, it is important to be aware of the non-

stationarity that is inherently part of such an index.   

 

A similar analysis to create an accumulation index was undertaken at a site in Switzerland 

[Farinotti et al., 2010].  In that study, a procedure was used to obtain an accumulation index by 

iteratively solving for the precipitation lapse rate, the precipitation gauge under-catch and the 

accumulation index that resulted in the best fit between observed and modeled snow 

disappearance date.  In this study, we had the advantage of additional measured data (measured 

precipitation lapse rates and apriori wind-corrected precipitation data), that enables a more 

simplistic derivation of the accumulation index.  Additionally, we were not attempting to model 

snow accumulation due to the complex wind and avalanche redistribution patterns in this 

watershed. The correlation between two years of data in this study were much lower than in a 

study in Switzerland [Schirmer et al., 2011] where terrestrial laser scanning was used to quantify 

the snow depth.  The scatter in the year-to-year comparison in this study (Figure 3-15) may result 

from a greater uncertainty is the SWE estimates or may be in part due to more complicated SWE 

redistribution processes in this watershed, or as mentioned above, it may be attributed to 

differences in accumulation patterns between years. 

 

In this watershed, the mean end-of-winter SWE that was determined through a combination of 

measurements and SWE reconstruction was remarkably similar to the winter precipitation 

(Nov1-April30) that was measured on site.  The mean end-of-winter SWE for 2007 and 2008 

was 0.646m and 0.501m, respectively, and the measured winter precipitation was 0.666m and 

0.525m for 2007 and 2008.  The similarity is highly fortuitous and the relationship in other 

watersheds will be dependent on the hypsometry of the watershed, the snow accumulation 

patterns and the location of the precipitation gauge, whether on-site or not.   

 

The amount of winter sublimation is another variable that will influence this relationship.  At the 

Opabin AWS in 2008, end-of-winter SWE was 0.435m while total precipitation was 0.525m, 

indicating a difference of approximately 90mm of SWE.  A portion of this may be accounted for 

by sublimation, although the total sublimation in this sheltered site is unlikely to reach 90mm 
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[MacDonald et al., 2010; Reba et al., 2012].    The remaining difference may result from snow 

transport away from the measurement location.  Despite these factors, the ratio between 

measured winter precipitation at the Opabin AWS and average watershed SWE is consistent 

between the two years of measurement.  Therefore, in the absence of more direct measurements 

of snow accumulation, measured winter precipitation at this site may be used as a proxy for end-

of-winter SWE accumulation, although additional years of data would help solidify this 

relationship.   

 

3.5.2 Spatial complexity modeling 

The four spatially distributed models with different input data (SWE and forcing data) result in 

different magnitudes in melt flux, which translates to a change in the timing at which the 

snowmelt flux arrives at the ground surface.  The results of Model B most closely approximate 

the results of Model A, suggesting that the spatial distribution of forcing is more important than 

the end-of-winter SWE distribution for correctly simulating the timing and magnitude of the melt 

in this watershed.  Model C (Figure 3-18) also simulates snowmelt magnitude and timing fairly 

well but the patterns in SCA depletion deviate substantially from Model A, especially from mid-

July onwards.  This illustrates the internal inconsistencies in the spatial patterns of melt 

production between Model A and C, despite similarities in the magnitude and timing of the 

snowmelt flux.  Furthermore, the absence of spatially distributed forcing in Model C results in 

over-estimation of melt in the late summer.  This difference in timing is an important distinction, 

because there is much interest from both water managers and ecologists on the sources of late 

summer streamflow.  A comparison between Model C and D shows that forcing the model with 

the AWS data does not adequately represent the average fluxes in the watershed and melt is 

overestimated, with the melt timing early by as much as a couple of weeks.   

 

The observations from both timing of melt fluxes and spatial SCA patterns indicate that   

distributed spatial forcing is more important than the initial SWE distribution in establishing the 

snow disappearance pattern and timing of the snowmelt flux in this watershed. Strong variations 

in shortwave radiation distribution exist due to the watershed configuration with dramatic cliff 

walls that dominate on the southern horizon.  As a result radiation fluxes are more important than 
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control on melt rates in a mountainous environment where there are large gradients in radiation 

receipt.  These radiation gradients will overshadow the differences in melt rate that result from 

variable SWE distribution.  

 

3.5.3 Modeling the watershed as a point 

Running point snowmelt models with different input data provides insight into the snowmelt flux 

that might be obtained by treating this watershed as a single grid cell using a highly simplified 

approach.  The results indicate that averaging distributed forcing and SWE data to simplify a 

region to a single grid cell may result in reasonable simulation results for the early to mid-melt 

season.  However, late season snowmelt inputs will still likely be underestimated and snow 

disappearance dates may be two to three weeks early.  Using a single on-site AWS station for 

forcing data will likely produce simulation results with highly erroneous magnitudes, and the 

timing of snow disappearance may be more than a month early. Similarly, adjusting met station 

data for the average slope and aspect of the watershed produces similarly unsuitable results. 

These late lying snow patches are quite hydrologically significant in that they extend the melt 

season, which is important for downstream water supply and hydroelectric management, in 

addition to alpine ecology [Roy et al., 2011]. 

 

These results suggest that caution is required when drawing conclusions about the timing of 

water input and release and the capacity for groundwater storage, based on snowmelt 

simulations.  Each of these model configurations results in a different conclusion on the timing 

of the snowmelt flux relative to stream outflow.   

 

3.6 Conclusions 

The first part of this chapter investigated using a SWE reconstruction method in an alpine 

watershed.  Oblique angle terrestrial photography was used to determine the snow-free date for 

each grid cell in a distributed snowmelt model (25m resolution).  The Utah Energy Balance 

(UEB) model was used to determine the potential melt flux for the SWE reconstruction. Results 

were validated by comparison to interpolated SWE values, and by comparing SCA patterns 

throughout the melt season.  Despite uncertainties in the datasets, the results indicate the method 
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is not biased and provides a reasonable estimate of maximum SWE distribution.  The SWE 

reconstruction method has proven to be a robust method of estimating SWE re-distribution in 

areas where direct field measurement is not possible.  Additionally, the use of terrestrial oblique 

photographs is an effective means of obtaining time-lapse data of SCA and determining snow-

free date without the limitations of cloud cover that occurs with acquiring satellite imagery.  

 

The reconstructed SWE estimates were combined with interpolations of the SWE data to 

produce a spatially distributed map of maximum SWE in mid-April for 2007 and 2008.  This 

data was then subsequently used as an initial value for modeling the snowmelt flux using UEB, 

and the snowmelt flux was integrated for the watershed.   Closure of the water balance was used 

as validation criteria, and closure was within 1% for both 2007 and 2008.  Winter snowpack and 

spring and summer precipitation (mid-April – Oct 30) are approximately equal contributors to 

the water balance in this watershed.  Glacier melt contributes a relatively minor amount annually, 

although the presence of the glacier likely results in more snow being retained into late summer. 

Closure of the water balance lends confidence to the reconstructed SWE results.   

 

Patterns in SWE accumulation were similar between two observation years.  This similarity in 

accumulation was used to show that an accumulation index can be generated for this watershed, 

using normalized SWE values.  Comparison of accumulation (normalized to winter precipitation) 

between years was more favourable at a 100m resolution than for 25m.   The mean end-of-winter 

SWE (as determined from SWE reconstruction and field data) and winter precipitation 

accumulation data at an on-site precipitation gauge were similar to within 4%.  Regardless of this 

similarity, an index of accumulation in each grid cell, normalized to winter precipitation, could 

be used in the future to initialize a snowmelt model, greatly reducing the field data requirements.  

However, it is important to note that changes in wind direction, windspeed and avalanche 

redistribution may alter this relationship in future years and that physically-based modeling is 

preferable. 

 

The spatially distributed forward model was run with four levels of spatial complexity with the 

objective of deciphering whether (i) the spatial distribution of maximum SWE or (ii) spatially 
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distributed energy balance components, are more critical to accurately quantifying the magnitude 

and timing of the snowmelt flux.  In this watershed, accurate modeling of spatially distributed 

fluxes is more important than initial SWE distribution.  The model initialized with spatially 

uniform SWE but forced with spatially variable model forcing components resulted in a 

snowmelt flux that was very similar to the fully spatially variable model.  Despite the initial 

uniform SWE, the patterns in SCA in late summer matched the observed distribution very well. 

It is hypothesized that in the Opabin watershed, accurate representation of spatial fluxes is more 

critical due to dramatic shading from high cliffs on the south side of the watershed, which 

reduces shortwave radiation during certain times of the day from a portion of the watershed.    

 

Alpine watersheds are often modeled as single grid cells within simplified models.  Different 

input data was used to run a point model to simulate the range of results that might be obtained 

by modeling the Opabin watershed as a single grid cell. Comparison with the spatially 

distributed snowmelt flux and timing reveals that substantial differences in melt timing and 

magnitude occur in the different model configurations.  Using an average mean end-of-winter 

SWE to initialize the model, along with an average of the spatial forcing variables provides a 

reasonable estimate of snowmelt timing and magnitude, with the exception of an underestimation 

of late summer snowmelt inputs.  Using solely on-site data as forcing data or on-site data that has 

been adjusted for watershed slope and aspect produces very inaccurate melt fluxes (both 

magnitude and timing), with snow disappearance occurring 4-6 weeks too early.  These results 

highlight the importance of capturing some element of the spatial variability in forcing data when 

modeling alpine watersheds at a larger grid resolution. 
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Figure 3-1 Measurement locations within the Opabin watershed.  Black dashed line is the 

Opabin watershed boundary, contour interval is 50m. G1 through G4 are stream gauging 

locations and snowmelt transects are by year, followed by the transect number (e.g.8-1is transect 

#1 measured in 2008). 
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Figure 3-2 Principles of the SWE reconstruction process. Black line represents potential 

snowmelt flux, red line indicates snow disappearance date and hatched area represents the sum 

of the snowmelt until the snow disappearance date. 
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Figure 3-3 Snow data from the Opabin watershed as measured from April 16-21.  A – 2007 April 

snow survey points, B – 2008 April snow survey points, C – region covered by oblique terrestrial 

photography (shaded gray).  
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Figure 3-4  Schematic of steps taken in snowmelt modeling process, from data collection and 

intermediate SWE reconstruction through to final model run. 
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Figure 3-5 Modeled (UEB) versus measured SWE at the Opabin AWS for 2008.  Measured SWE 

is based on a 30 minute time series of snow depth (Sonic-Ranger 50), with nearby weekly 

measurements of density used to convert snow depth to SWE. 
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Figure 3-6 UEB modeled snowmelt at six measured snowmelt transect locations during 2006 (bi-

weekly measured points indicated by open circles, black line is modeled).  
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Figure 3-7 UEB modeled snowmelt at six measured snowmelt transect locations during 2008 (bi-

weekly measured points indicated by open circles, black line is modeled).  
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Figure 3-8 Modeled versus measured incoming longwave radiation (daily average) for three 

radiometer locations within the Opabin watershed. 
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Figure 3-9 Reconstructed versus interpolated SWE for 2007 and 2008, with A) uniform new 

snow albedo of 0.9 and B) Adjusted new snow albedo of 0.8 on talus slopes and glacier.  Squares 

in the top graph indicate points where snow accumulates from avalanching throughout the 

ablation season. Black line is 1:1. 
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Figure 3-10 Photograph of debris on talus slopes during the snowmelt season.  Slopes pictured 

are on the west side of the Opabin watershed.  
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Figure 3-11 Snow covered area for four select dates in 2007 and 2008 for UEB simulation (A - 

columns) and as observed in georeferenced oblique photography (B - columns). Blue represents 

snow-cover, white is snow-free and grey are regions in which there is no data in the oblique 

photographs, which is replicated as a mask in the A columns for ease of comparison. 
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Figure 3-12 Reconstructed SWE estimate for 2007 and 2008, as determined with UEB 

simulations and oblique terrestrial photography.  White areas have no reconstructed SWE data. 
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Figure 3-13 Reconstructed SWE and interpolated SWE for 2007 and 2008.  White areas are data 

gaps in which average watershed SWE value was used for maximum winter accumulation, unless 

slope steepness was greater than 55 degrees, in which case, SWE was set to zero. 
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Figure 3-14  Average SWE versus elevation for 2007 and 2008 (left axis), with watershed 

hypsometry shown as bar graph (right axis, percentage of the watershed).   
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Figure 3-15 Normalized SWE, in each 25m grid cell within the Opabin watershed, for 2007 

versus 2008.  Grid cell resolution of 25m (top), 50m (middle) and 100m (bottom). 
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Figure 3-16 Water balance components for 2007 (A) average watershed SWE, (B) 

evapotranspiration, (C) glacier melt, (D) Opabin watershed discharge (dotted line is estimated) 

and snowmelt/rain, (E) total precipitation, as measured at the Opabin AWS.  
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Figure 3-17 Water balance components for 2008 (A) average watershed SWE, (B) 

evapotranspiration, (C) glacier melt, (D) Opabin watershed discharge (dotted line is estimated) 

and snowmelt/rain, (E) total precipitation, as measured at the Opabin AWS.  
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Figure 3-18 UEB spatial variation modeling results. Daily snowmelt and rain input for (A) 2007 

and (C) 2008 and cumulative snow and rain inputs for (B) 2007 and (D) 2008. 
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Figure 3-19 Modeled SWE for six dates in 2007 for four different spatially variable modeling 

configurations. A) fully spatially variable UEB simulation, B) average SWE and spatially 

variable forcing, C) spatially variable SWE and average forcing and D) spatially variable SWE 

and measured (Op AWS) forcing.  Grey areas are snow-free. 
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Figure 3-20 SCA depletion throughout the 2007 snowmelt season for four different modeling 

scenarios: A- fully spatially variable, B-average SWE, variable forcing, C – variable SWE, 

average forcing and D – variable SWE and measured (Op AWS) forcing. 
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Figure 3-21 Modeled melt rate for six dates in 2007 for four different spatially variable 

modeling configurations.  A- fully spatially variable, B-average SWE, variable forcing, C – 

variable SWE, average forcing and D – variable SWE and measured (Op AWS) forcing. 
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Figure 3-22 Mean, standard deviation and variance in SWE for four spatially variable modeling 

configurations for 2007 (left) and 2008 (right).  
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Figure 3-23 Point model scenario results.  Daily snowmelt and rain input for 2007 (A) and 2008 

(C) and average SWE for 2007 (B) and 2008 (D).  Results are for point simulations (P1) – 

watershed average SWE, average forcing, (P2) AWS measured SWE, AWS measured forcing and 

(P3) AWS measured SWE, AWS measured forcing that have been adjusted for watershed average 

slope, aspect (solar radiation) and elevation (precipitation and temperature).  Results from the 

spatially distributed model are shown for comparison. 
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much as 60% of water, even during early snowmelt times [Liu et al., 2004] with groundwater 

being important at a range of watershed scales [Frisbee et al., 2011].  Understanding the storage 

and pathways of groundwater will help us understand how groundwater may or not mediate the 

changes in climate change and variability [Tague et al., 2008].  

 

The question of ‘what is the primary storage reservoir in alpine environments?’ still has not been 

conclusively answered, and in fact, may vary from watershed to watershed.  Few studies have 

addressed this question, given that there is typically extensive exposed bedrock and alpine soils 

are thin.  Factors that play a role in subsurface storage of water include soil depth and 

distribution [Soulsby et al., 2006], sub-glacial and pro-glacial aquifers [Ward et al., 1999], 

geology [Katsuyama et al., 2010] and geomorphic characteristics [Fujimoto et al., 2008; 

Zecharias and Brutsaert, 1988].   The hydrologic characteristics of overburden materials such as 

talus and moraine have been evaluated in several different environments [Caballero et al., 2002; 

Davinroy, 2000; Liu et al., 2004].  Clow et al. [2003] concluded that talus slopes in a Colorado 

Front Range watershed were capable of storing the equivalent to the annual total discharge in the 

study watershed.  However, despite large storage potential, water is quickly transmitted through 

talus slopes and some studies have determined that base flow is likely sustained from water 

transmitted through fractured bedrock [Clow and Sueker, 2000; Liu et al., 2004].  Analysis of 

stream chemistry indicates that residence times in meadows are much longer than in talus [Clow 

and Sueker, 2000].  Yet other studies have concluded that bedrock storage and transmission 

likely dominates subsurface flow [Katsuyama et al., 2010]. 

 

As much as alpine groundwater flow systems are spatially heterogeneous [Ward et al., 1999], 

they also vary temporally [Flerchinger et al., 1992].  The characteristics of the groundwater 

system are often described in terms of response time (how quickly the streamflow responds to 

precipitation and snowmelt inputs) and residence time (how long water stays in the subsurface).  

Information on residence times have indicated times scale on the range of days [Clow et al., 

2003] to decades [Manning and Caine, 2007; Rademacher et al., 2005] with differing hypotheses 

on what is controlling response and residence time [McGuire et al., 2005; Soulsby et al., 2006; 

Tetzlaff et al., 2009].  Due to the limited reservoir size, residence time in Loch Vale watershed in 
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Colorado was estimated to be 10 days, with very fast geochemical processes resulting in 

chemical signatures that would normally be attributed to longer residence times [Campbell et al., 

1995].   Knowledge of the response times and residence times of groundwater is important to 

predicting how climate mediated changes will affect the flow regimes of these systems.  Recent 

work in the western United States has noted that differences in drainage characteristics between 

basins as a result of geologic heterogeneities is as important as changes in timing and magnitude 

of snowmelt in understanding how watersheds will respond to climate mediated changes in late 

summer streamflow [Tague and Grant, 2009].  

 

Tague and Grant [2009] note that there is a scarcity of data on drainage efficiencies and 

groundwater flow parameters, such as typical response times in mountain basins, and that 

establishing drainage parameters for different types of geology in mountain regions is an 

important step in understanding how climate change will affect these regions.  Additionally, 

despite a growing body of knowledge on the role of groundwater in the mountains, there are still 

difficulties in representing this in models [Donnelly, 2012; Flerchinger et al., 1996].  Given the 

heterogeneities in alpine environments, it is important to begin to look at catchment organization 

and structure [McDonnell et al., 2007] across the diverseness of alpine watersheds in order to 

determine the key organizational variables that control subsurface flow.  The continued insights 

gained from small alpine research watersheds are a necessary prerequisite to understanding how 

processes upscale to larger regions. 

 

This study investigates the role of groundwater storage and response time in an alpine watershed 

in the Canadian Rockies.  A high quality field data set in conjunction with a distributed 

snowmelt energy balance model allowed for ‘direct’ quantification of the groundwater storage 

through computation of the water balance.  In conjunction with physical characterization of the 

watershed (previous geophysical studies, and detailed process studies on talus and moraine 

material), estimates of storage and response time can be used to build on the working conceptual 

model of the watershed processes. 
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Some of the analysis tools used are ‘black box’ (i.e. linear reservoir modeling and hydrograph 

recession) which provide little understanding of the processes that are operating [Kirchner, 

2006].  Regardless, lumped analysis has proven successful as a comparative tool [Capell et al., 

2012] and is useful when used in conjunction with results from more physically-based data.   The 

key study objectives are: (1) To quantify the storage potential of the watershed and to determine 

if different regions of the watershed have similar or different storage magnitudes that may be 

attributed to differences in physiographic characteristics. (2) To estimate the watershed 

hydrologic response time to melt water inputs (snow and glacier melt) and summer rain. (3) 

Develop a conceptual model of hydrologic processes in this alpine watershed. 

  

4.2 Site description and watershed characteristics 

The Lake O’Hara Research Basin (LORB) is a 14 km2 alpine headwaters watershed on the 

continental divide of the Canadian Rockies.  The research presented here was conducted in the 

Opabin watershed (4.7km2), one of three sub-watersheds of LORB (Figure 4-1).  Research in this 

watershed was initiated in 2004, and preliminary findings indicated that groundwater played a 

predominant role in the seasonal water balance of Lake O’Hara [Hood et al., 2006; Hood et al., 

2007].  Subsequent research in the watershed has focused on characterizing the nature of the 

groundwater component of the hydrology through analysis of chemical signature of spring 

waters [Roy and Hayashi, 2009], evaluating the role of groundwater in other lakes in the 

watershed [Roy and Hayashi, 2008], physical characterization of potential coarse deposit 

groundwater reservoirs through geophysical techniques such as ground penetrating radar (GPR), 

seismic refraction and electrical resistivity on both talus [Muir et al., 2011], alpine meadows 

[McClymont et al., 2010] and moraine [Langston et al., 2011; McClymont et al., 2011].  

Additional non-invasive techniques such as time-lapse gravity surveys [McClymont et al., 2012] 

and nuclear magnetic resonance imaging [Lehmann-Horn et al., 2011] have been used to infer 

water storage in the moraine features.  Further details on these studies and how they have 

informed the development of the working conceptual model of this watershed will be discussed 

further below. 
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4.2.1 Physiographic and hydrologic setting 

The watershed is dominantly in the alpine ecozone, with limited extent of sub-alpine ecozone at 

lower elevations (<2150m).  The Opabin watershed was fully glaciated during the last glacial 

maximum [Osborn and Luckman, 1988] and still retains a small pocket glacier (Opabin Glacier, 

0.17 km2) that has an extensive pro-glacial moraine.  The terrain is comprised of exposed 

bedrock (53%), talus (11%), moraine (17%), sub-alpine vegetation (14%), alpine lakes and tarns 

(1%) and glacier (4%) (Table 4-1).  These geomorphic units have been mapped based on 

airphoto interpretation and the use of a high resolution (2m) LiDAR digital elevation model.  

 

The geology of the watershed consists of interbedded quartzite, sandstone, siltstones and shales 

at lower elevations (valley bottom) and carbonates (limestone and dolostone) at upper elevations 

(mountain peaks) [Lickorish and Simony, 1995; Price et al., 1980].  There is a major fault 

running lengthwise along the valley and several smaller faults within the valley side walls.  It 

cannot be precluded that there is some water loss through these fault zones, but subsurface gains 

are unlikely due to the position of this watershed on the continental divide with dominantly 

lower terrain outside the watershed boundaries. 

 

The Opabin watershed is drained by one main outflow stream (Opabin – G1, Figure 4-1) and one 

ephemeral stream (Junction – G4, Figure 4-1) that join together slightly upstream of the 

watershed outlet.  The source of G1 is a series of springs (Large Spring, LS) that exit the base of 

the Opabin moraine.  Outflow from Hungabee Lake (Figure 4-1, G2) and the Babylon 

talus/wetland also contribute to the flow in the Opabin Creek.   

 

There are several alpine lakes in the watershed.  The hydrologic regimes of the two largest lakes 

(Opabin and Hungabee) are very different [Roy and Hayashi, 2008].  Lake Hungabee is 

dominated by surface inflows and outflows, undergoes minor water level fluctuations and shows 

little evidence of groundwater inflows, evidenced by low electrical conductivity values.  In 

contrast, Opabin Lake has no visible inflows or outflows, undergoes large variations in water 

level and has a much higher electrical conductivity which is indicative of groundwater inflows.  

In addition to these water bodies, there are a number of small alpine tarns in the watershed.  The 
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Moor Lakes are a series of shallow (maximum 2m) ponds that have surface flows that drain into 

G4 stream in times of high water levels, and are connected to Lake Hungabee via a region of 

coarse rocks through which flow in the direction of Lake Hungabee is visible. Additionally, there 

are four small tarns located in the Opabin moraine complex.  Specific and contrasting features of 

these tarns are outlined further in Langston et al. [2011]. 

 

4.2.1.1 Hydrologic inputs 

The dominant water source in the watershed is snowmelt, followed by summer rain inputs and 

minor inputs from the melt of glacier ice and permafrost.  Details of the snow and glacier melt 

contributions are located in Chapter 3.  Precipitation dominantly falls as rain during July and 

August, but there are also occasional snowfalls in these months.  This presents a unique 

challenge for studying the response time of discharge streams because precipitation input may be 

temporarily stored as snow even during the summer months. 

 

Despite its small size, quantifying hydrologic inputs from the Opabin Glacier is of interest 

because many such small glaciers exist in the Rocky Mountains and recent work has highlighted 

the importance of small glaciers on a global scale [Bahr and Radic, 2012].  Mass balance on this 

glacier is calculated using  manual field measurements of snow water equivalent (SWE) to 

characterize the winter balance and a distributed energy balance model to quantify the summer 

balance (see Appendix C for details on mass balance calculations).  The glacier experienced 

negative mass balance in both years of measurement presented here (2007, 2008), with a net loss 

of 0.50m water equivalent (w.e.) in 2007 and 0.36m (w.e.) in 2008.   

 

4.2.1.2 Hydrogeomorphic units 

Coarse surficial debris such as talus and moraine are hypothesized to be the primary subsurface 

storage reservoirs in the Opabin watershed.  Previous work in the watershed was conducted on a 

small catchment (‘Babylon’, 2.8 x 105 m2) within the Opabin watershed (Figure 4-1) that is 

dominated by talus sediments and bedrock cliffs.  The study included hydrograph analysis, tracer 

tests and geophysical surveys using seismic refraction (SR), electrical resistivity imaging (ERI), 

and ground-penetrating radar (GPR).   From tracer tests and hydrograph analysis, the hydraulic 
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conductivity of the talus was estimated to be 0.01-0.03 ms-1.  The exponential decay coefficient 

of hydrograph recession was on the order of 1 day.  The overall conclusions of the study were 

that the talus material in this watershed has limited capacity to store groundwater, and that 

snowmelt and rain water is quickly transmitted through the talus.  The flow dominantly occurs in 

a thin saturated layer (0.01-0.10m thick) at the interface between the talus and the underlying 

bedrock.  Despite this limited storage capacity, isotope data indicates that event water is 

composed of ‘old’ water.  It is hypothesized that the source of this old water is likely limited 

storage in bedrock depressions. 

 

Results of geophysical surveys show that the groundwater pathways in the Opabin proglacial 

moraine are largely controlled by bedrock topography [Langston et al., 2011].  ERI data 

indicates a zone of saturation at the moraine bedrock interface (MBI).  As of yet, it is uncertain 

whether the saturated layer exists in moraine material or within fractures within the bedrock.  

The flow pathways in the moraine are additionally complicated by the presence of periglacial 

features such as ice-cored moraine and ‘ground-ice’, which is interpreted to be a type of 

permafrost, based on resistivity values that are an order of magnitude less than that of ice-cored 

moraine.  Langston et al. [2011] corroborated the presence of these periglacial features through 

measurement of winter bottom-of-snowpack temperatures, with lower temperatures indicating 

the presence of periglacial landforms. 

 

Lehmann-Horn et al. [2011] used surface nuclear magnetic resonance (NMR) imaging to 

examine the distribution of groundwater beneath the Opabin proglacial moraine.  They found 

subsurface water was discontinuous, concentrated in areas of surface topographic lows, and 

present at the interface between the moraine and bedrock (MBI) as indicated by the overlapping 

seismic and ERI profiles of Langston et al. [2011].  In surface NMR there is some ambiguity in 

estimating thicknesses of the water bodies, because there is a trade-off between thickness and 

percent water content. However, their tomographic inversion model with the lowest root-mean-

squared-error (RMSE) predicted saturated thicknesses varying from 2-5m, with greater than 15% 

water content. 
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The main groundwater storage and flow pathways in the moraine complex were delineated based 

on mapping of the bedrock surface underneath the moraine field of the Opabin Glacier using 

GPR [McClymont et al., 2012] (Figure 4-2).  Bedrock features under the moraine show a series 

of ridges and channels which are likely related to previous glacial advances of the Opabin 

Glacier.   McClymont et al. [2011], using multiple geophysical methods (GPR, SR and ERI), 

determined that there are three types of flow pathways that result in the spring flow at the LS.  

This interpretation is corroborated by the work of Roy and Hayashi [2009] in which geochemical 

and hydrograph response analysis suggested several independent sources and flow pathways 

contributing to the discharge at this spring.  McClymont et al. [2011] also interpreted a zone of 

low electrical resistivity and low seismic velocities at the forefront of the moraine as a region in 

which water is flowing through fractures within shallow bedrock. 

 

Despite the progress towards understanding the physical configuration of groundwater flow 

systems in the Opabin headwaters, efforts to successfully represent this system numerically have 

been challenged. Efforts to characterize the groundwater flow system above Opabin Lake with a 

numerical flow model were unable to accurately simulate the water levels in the Opabin Lake 

and the East Tarn (that serve as proxy water table indicators).  The closest, but still imperfect, fit 

to measured water levels was obtained using very high modeled hydraulic conductivity values 

(1.0 x 10-2 ms-1). 

 

4.3 Methods  

 

4.3.1 Field Data 

Field data were collected from mid-April through until the end of September in 2007 and 2008.  

Details on data collection pertaining to quantifying snowmelt inputs to the watershed are 

explained in Chapter 3.   
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4.3.1.1 Water levels 

Water level data were collected at three lakes and in one piezometer (P4) during 2008.  The 

piezometer consisted of a PVC pipe (inside diameter 0.05m) installed via hand augered hole 

(0.08m diameter) in soil to a depth of 1.5m.  The bottom 0.3m of the piezometer was screened, 

and the annulus space was filled with filter sand and sealed with bentonite clay.  Data collection 

began on June 27 (Opabin Lake), July 5 (East Tarn), June 27 (Lake Hungabee) and June 20 (P4, 

East Bench).  Data collection continued until the end of September, except for the East Tarn 

(instrumentation removed Sept 3).  Water level was recorded every 10 minutes (In-situ, Level 

Troll) and averaged hourly.  A gap in Opabin Lake water level data occurred from June 30 to 

July 8 due to a sudden increase in water level exceeding the depth range of the sensor.  A sensor 

malfunction at Lake Hungabee resulted in a data gap from July 4 to 30. 

  

4.3.1.2 Stream discharge 

Stream discharge was monitored weekly from early June until the end of September at two 

locations that, combined, represent total discharge from the Opabin watershed.  The majority 

(90-95%) of the flow leaves the basin from the G1 location which is the primary monitoring 

point (Figure 4-1).  During the peak of snowmelt, a second location, the ephemeral G4 stream 

was also monitored.  Stream discharge was also monitored at the outflow from Lake Hungabee 

(G3) and below LS on Upper Opabin Creek (G2). Further details on streamflow measurement 

and uncertainty can be found in Section 3.3.1.5 on page 41. 

 

Stream stage measurements were not possible during the month of May at G1 even though the 

stream was running, due to the presence of ice and snow.  Therefore, stream discharge at the 

outlet to Lake O’Hara (approximately 1 km northwest of the north end of the Opabin watershed) 

was used as a proxy for estimating flow at this location.  The linear regression equation was 

established between G1 and Lake O’Hara discharge for the month of June in each year (R2 = 

0.84 for 2007 and 0.89 for 2008) and used to estimate May discharge. 
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Winter base flow was estimated using a combination of (i) recession curves and (ii) winter 

discharge measurements at the Lake O’Hara watershed outlet.  A recession constant was 

obtained by compiling a master recession curve [Tallaksen, 1995] from stream recession 

segments from the Opabin discharge time series from mid-August onwards, when there is 

minimal snowmelt inputs.  Only recession segments that were free of precipitation events were 

included, for a total of 11 segments between 2005 and 2011. An exponential recession curve of 

the following form was used: 

 

 Q(t) = Q0 exp(-at)                                                          [4-1] 

 

Where Q(t) is the discharge at time t (day), Q0 is the discharge at t=0, and a is the decay 

coefficient (d-1), representing a delay resulting from storage in the watershed. The decay 

coefficient was then used to calculate the discharge recession from the last measured point in 

each year.  This method of estimating October discharge does not account for rises in streamflow 

resulting from rain events in October which may result in an underestimation of discharge during 

that month. 

 

Two winter base flow discharge measurements were made at the Lake O’Hara outlet (Jan 27, 

2007 and April 18, 2007). The Opabin watershed occupies one third of the area of the Lake 

O’Hara watershed; therefore, Opabin winter base flow is estimated using a scaling factor of one 

third.  Although the O’Hara outlet exits the lake, lowering of the lake level is unlikely to sustain 

the measured winter base flow and the winter base flow in that stream may be augmented by 

groundwater input [Hood et al., 2007].  Regardless, in the absence of direct winter measurements 

in the Opabin watershed, the discharge values from the recession curves and the scaled O’Hara 

winter discharge provide lower and upper limits, respectively, on the winter base flow. 
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Where Qo is measured discharge (m3s-1), Qmo is modeled discharge (m3s-1) and oQ is the average 

measured discharge. 

 

4.4 Results 

 

4.4.1 Water balance analyses 

4.4.1.1 Master recession curve 

A master recession curve was constructed for the purpose of estimating October discharge and 

for insight into the base flow characteristics of the watershed (Figure 4-4).  Ten ‘events’ from 

mid-August onwards during the period of 2006-2011 were used in the analysis.  Each event 

needed to fill the following criteria to be included: 

(1) occur past the peak of snowmelt 

(2) the precipitation event must have been rain (not snow) 

(3) no precipitation occurred during the recession period 

 

The best fit line to the recession segments resulted in a recession coefficient (a) of 0.073 (d-1), or 

a residence time of 13.7 days (Figure 4-4), where the residence time is calculated by [Dingman, 

2002]: 

 

Tr = S/a              [4-9] 

 

The recession constant was used to estimate the October discharge from the Opabin watershed.  

 

4.4.1.2 Water balance and storage estimates 

The water balance for the Opabin watershed (2007 and 2008) was calculated according to Eq. 4-

2 (Figure 4-5, Figure 4-6, Table 4-2).  The volume of each water balance component has been 

divided by the watershed area to give equivalent depth of water.  The water balance had good 

closure with less than 1% difference annually between inputs and outputs.  This is encouraging, 

given that the UEB model was ran with coefficients primarily based on physical measurements 
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mass for the inputs occurring on July 3, for both years (Figure 4-10).  This lag cannot be 

attributed to a delay as a result of transmission through deep snowpacks, as a delay from this 

process typically is less than one day in a watershed of this size [Kobayashi and Motoyama, 

1985]. Another means of assessing lag time is the ‘maximum’ lag time that occurs at the peak of 

storage.  During peak storage in 2007 the maximum lag time was ten days and in 2008 it was 

seven days.  

 

 

4.5 Discussion 

 

4.5.1 Relative importance of storage in different hydrogeomorphic units 

The water balance analysis has established the magnitude of groundwater storage in this 

watershed, but it is of interest to determine what terrain or topography is the primary reservoir.  

Given the diversity across alpine basins, an improved understanding of the hydrologic 

organization will help in the transferability of insights to other watersheds, improve 

representation of alpine terrain in regional hydrologic models and aid in design of future studies. 

 

It has been established that the upper portions of this watershed have no surface flows, and 

measurement of discharge measurement below LS (Figure 4-1, G2) indicates that 80% of the 

surface water discharge has passed through the sub-surface.  Coarse moraine sediment overlying 

bedrock topographic highs, in addition to talus slopes, are avenues of transmission of rain and 

melt water to the underlying bedrock depressions.  Groundwater storage is likely dictated by 

bedrock topography and dominant flow pathways are hypothesized to be through bedrock 

depressions [Langston et al., 2011; McClymont et al., 2011].  Additionally, chemical analyses 

and isotopic data from springs discharging a moraine feature [Roy and Hayashi, 2009] and 

discharge from a talus slope [Muir et al., 2011] indicate the presence of ‘old’ water [Kirchner, 

2006; McDonnell et al., 2007], indicating that despite the fast response times, water is stored 

between events.  It is of interest to relate the water balance results to the current conceptual 

model of processes in this watershed.  The exercise of computing theoretical storage volumes in 
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at the beginning of August, where after stream discharge is much greater than inputs.  Further 

analyses of the inputs relative to specific discharge in the watershed (Figure 4-9, Table 4-3, 

Table 4-4) show that August and September discharge on average 20% greater, and as much as 

40% greater, than the total inflows.  Therefore, a groundwater flow component is necessary to 

maintain the flow levels throughout the late summer months.  On an annual basis, this late 

summer groundwater contribution is relatively minor, but its contribution to late summer 

streamflow has consequences for alpine stream habitat and is an important process to understand 

from a water management perspective. 

  

4.5.3 Linear reservoir modeling 

The linear reservoir modeling serves as a tool in conceptual modeling, despite its inherent ‘black 

box’ characteristics.  The one and two-tank models were used to evaluate the response time of 

the system, which was then compared to the centroid-lags obtained from the water balance.  The 

model was evaluated for goodness-of-fit (Nash-Sutcliffe efficiency parameter, N-S) between 

modeled and measured stream discharge.  Additionally, the modeled storage was compared to 

the storage calculated in the water balance, which provides a means of evaluating the ability of 

the model to fit both external (discharge) and internal variables. 

 

The Opabin watershed was first modeled as a one-tank linear reservoir with the initial storage 

estimate set to zero.  The model was optimized to minimize the difference (RMSE) between 

measured and modeled discharge using the ‘Solver’ tool in Microsoft Excel.  It should be noted 

that this is not necessarily a unique solution.  The best fit model resulted in a residence time 

(calculated as the inverse of k1) of 3 days.  Comparing the similarity between measured and 

modeled storage provides another means to assess the relevance of the model parameters. The 

modeled to measured fit (N-S) was 0.84 (Table 4-6, Figure 4-11) but examining the measured (as 

determined by the water balance analysis) versus modeled storage indicates that the dynamics of 

internal storage were poorly represented by the one-tank model, with storage underestimated for 

most of the model period. 
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sub-surface flows within larger hydrological models such as HBV and PREVAH [Gurtz et al., 

2003; Lindström et al., 1997].  Although this model is outdated, and has been clearly shown here 

to not adequately represent the physical processes, it is still commonly used.  Therefore, this 

exercise was useful to examine how such subsurface routing techniques perform in this 

watershed, where highly detailed hydrologic input data is available and modeled internal 

variables such as storage change can be compared against measured data. 

 

4.5.4 Synthesis, Conceptual Model  

All of the avenues of investigation indicate that this alpine hydrologic system responds very 

quickly to snowmelt and rain inputs, especially during the peak of the melt season. When storage 

reservoirs are at their peak, the discharge response is quick and snowmelt is quickly delivered to 

streams.  In the later part of the summer and early fall, however, the delay between inputs and 

response becomes longer, indicating that slower flow pathways are involved.  This supports the 

working conceptual model within the watershed, in which bedrock depressions underlying coarse 

surficial deposits are likely the physiographic feature which controls the subsurface flow 

[Langston et al., 2011; Lehmann-Horn et al., 2011; McClymont et al., 2012; McClymont et al., 

2010; McClymont et al., 2011; Muir et al., 2011].  The quick response likely occurs as a result of 

threshold behavior that occurs as bedrock depression storage overflows.  The slower response 

may possibly be attributed to flow through bedrock fractures and/or fine sediment located at the 

interface of the bedrock and the overburden, although this has yet to be confirmed. 

 

A key time of interest for water managers is the late summer and early fall season, when the peak 

snowmelt pulse has passed.  It is important to know what is sustaining rivers during this period, 

in order to understand how changing precipitation and climate patterns may affect this late 

season flow.  In this particular watershed, the small pocket glacier contributes 4% of total inputs 

during August and September, and snowmelt contributes in the range of 50-60% indicating that 

late lying snow patches and melt of summer snow falls is an important contributor to streamflow 

even during the late summer.  However, despite these late summer inputs, outflow is on average 

20% greater than inflow during August and September which clearly indicates that groundwater 

also plays an important role in sustaining late summer streamflow.  This has important 
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implications for management of water resources during the late summer and may impact stream 

temperatures and nutrient cycling that is important for the stream ecology in alpine regions [Roy 

et al., 2011]. 

 

This study has been unable to conclusively determine the amount of storage in different 

hydrogeomorphic units.  However, estimations of annual change in storage indicate that bedrock 

depressions underlying the proglacial moraine have the largest capacity to store water, and that 

storage in thin soils and talus slopes is unlikely substantial enough to be play a primary role in 

storage in this watershed.   

 

It should be noted, that the heterogeneities in geology and watershed terrain and orientation may 

mean that these results are not transferrable to other watersheds in the Canadian Rockies.  

Specifically, the bedrock geology of this watershed, Cambrian Gog basement, is relatively 

unique in the Canadian Rockies, occupying only a small portion of the region.  The Canadian 

Rockies are dominated by sedimentary bedrock such as carbonates, siltstones and shales.   A 

carbonate dominated watershed will have quite different overburden properties, with a greater 

percentage of clay dominant glacial tills and rock talus slopes.  These lithologies result in 

surficial overburden with quite different hydrologic characteristics as compared to the bedrock 

geology in the Lake O’Hara basin, and additionally, karst features are likely a more common 

feature.  Investigation into the storage properties of overburden derived from different geologic 

parents is important for understanding how these effects might operate on a larger regional scale. 

However, small remnant glaciers are a common feature throughout the Canadian Rockies; 

therefore, the results from this study provide a valuable source of information for understanding 

how these glaciers contribute to streamflow and for predicting the impact of their disappearance. 

   

4.6 Conclusions 

The storage potential in the Opabin watershed was calculated directly from the water balance 

equation.  This was possible because of extensive field data and input from a spatially distributed 

snowmelt energy balance model (Utah Energy Balance model). The water balance closure was 

within 1% for both years of data collection (2007 and 2008).  Although almost all of the melt and 
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rain water is routed through the subsurface, the results show that 82-117mm of water is stored in 

the subsurface during the snowmelt season, representing 7.8-10% of annual inputs. 

 

The surface water discharge responds quickly during the peak of snowmelt, with a centroid lag 

time of 4-5 days during peak runoff in late June and early July, with maximum lag times of 7-10 

days.  However, stream discharge maintains high flows relative to inputs in the late summer.  

During August and September total stream discharge is on average 20% greater than total inputs, 

suggesting that the flow is sustained by groundwater discharge in the late summer and early fall.  

Therefore, although annual change in storage is less than 10% of inputs, this storage plays an 

important role in maintaining late summer and fall streamflow. 

 

Previous geophysical and targeted hydrological studies have focused on determining likely 

storage mediums and flow pathways for groundwater in this watershed.  The current conceptual 

model is that storage is largely controlled by bedrock topography underlying coarse moraine 

material [Langston et al., 2011; McClymont et al., 2011] and beneath shallow soils in alpine 

meadows at the base of talus slopes [McClymont et al., 2010; Muir et al., 2011].  Storage 

estimates from the water balance were compared to an estimate of storage in different 

hydrogeomorphic units, based on data from previous studies.  These results suggest that the 

observed storage in talus and thin alpine soils is insufficient to store the calculated seasonal 

change in storage and that bedrock depressions underlying the moraine are likely the dominant 

storage reservoir in this watershed.  Additional targeted studies on these hydrogeomorphic units, 

in this watershed and others, are necessary to confirm the relative role of these units as storage 

reservoirs and how this may vary with lithology of parent material.  

 

Understanding the structure and gradient of underlying bedrock topography may be an important 

variable for evaluating the importance of seasonal groundwater storage in alpine watersheds.  It 

is possible that these findings are isolated to the type of bedrock and surficial geology in this 

watershed, and additional studies in carbonate dominated watersheds would be a useful addition 

to the knowledge base.  The overburden material in this water is very coarse with high hydraulic 

conductivities, in addition to very impermeable bedrock.  In a watershed with lower hydraulic 
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conductivity and/or more soluble or permeable bedrock it can be expected that the hydrologic 

regime will be quite different. 

 

The differences between this study and others highlight the diversity that is inherently part of 

alpine hydrologic systems.  It is apparent that there are multitude of factors that influence storage 

and transmission of water, including basin hypsometry and orientation, bedrock structure and 

gradient and depth and conductivity of overburden material. 
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Figure 4-1 Opabin watershed map with major terrain units and measurement locations. Contour 

interval is 50m.   

 
Figure 4-2  Elevation of the bedrock underlying the Opabin pro-glacial moraine, as determined 

with multiple GPR surveys. Data is from McClymont et al., [2012]. 
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Figure 4-4  Master discharge recession curve for later summer and early fall for the Opabin 

watershed.  Data include ten events between 2006 and 2011.  Criteria for selection: ‘event’ must 

occur past the peak of snowmelt (mid-August onwards), the precipitation event must have been 

dominantly rainfall, and no precipitation occurred during the period of the recession.  The 

regression constant was -0.07 (13.8 days).  
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Figure 4-5 Water balance components for the Opabin watershed for 2007.  A – 

evapotranspiration, B – glacier melt, C – snowmelt, rain and stream discharge and D – 

precipitation as snow and rain. Dotted lines in ‘C’ is estimated discharge (see details in text).  
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Figure 4-6 Water balance components for the Opabin watershed for 2008.  A – 

evapotranspiration, B – glacier melt, C – snowmelt, rain and stream discharge and D – 

precipitation as snow and rain. Dotted lines in ‘C’ is estimated discharge (see details in text).  
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Figure 4-7 Cumulative seasonal storage for 2007 (A) and 2008 (B) as calculated from the daily 

water balance.  Dashed line is the zero seasonal storage line.  Arrows indicate late summer 

recharge by rain events.   
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Figure 4-8  Water levels (2008) for: A-East Tarn, B – Opabin Lake, C – Hungabee Lake D – P4, 

East bench, E – Cumulative storage as calculated from the 2008 water balance.  Note change in 

scale units in ‘E’. 
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Figure 4-9  Daily specific discharge versus total inflow (snowmelt, glacier melt and rain) for 

2007 (top) and 2008 (bottom). Dashed line is 1:1.   
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Figure 4-10 Cumulative inflow and outflow curves for 2007 (A) and 2008 (B).  Inflow is 

comprised of snowmelt, rain and glacier melt and outflow is comprised of stream discharge and 

evapotranspiration.   
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Figure 4-11 Opabin linear reservoir modeling, 2008, using one tank model. A – measured versus 

modeled storage and B – total measured versus specific discharge. 
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Figure 4-12 Opabin linear reservoir modeling, 2008, using a two tank model. A – storage in tank 

1 and tank 2, B – total measured versus modeled storage, C – discharge from tank 1 and tank 2 

and D – measured versus modeled discharge. 
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Figure 4-13 Opabin linear reservoir modeling, 2007, using a two tank model and coefficients 

from 2008. A – storage in tank 1 and tank 2, B – total measured versus modeled storage, C – 

discharge from tank 1 and tank 2 and D – measured versus modeled discharge. 
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algorithm relative to measured shortwave radiation at a year-round onsite measurement site 

resulting in an average RMSE at four measurement locations of 17.5 Wm-2 and MBE of 2.5 Wm-

2.  This approach for modeling shortwave radiation inputs illustrates the applicability of easily 

accessible software for modeling incoming shortwave radiation at a high temporal resolution.  

However, it should be noted that the accounting of diffuse radiation between clear-sky and 

cloudy conditions was over-simplified and dependent on measured on-site radiation data.  

Additionally, the model performed poorly during winter months and it is recommended that 

winter simulations are not used for further modeling applications.  The computational expense is 

similar to other means of modeling radiation such as TOPORAD [Dozier and Frew, 1990], but 

much greater than recent advances in modeling radiation using unstructured triangular meshes 

[Marsh et al., 2012]. However, the method is easily accessible due to the commercial availability 

of ArcGIS software. 

 

Chapter 3 addressed quantifying snowmelt inputs to the Opabin watershed.  Quantifying the end-

of-winter snowpack accumulation was accomplished with a combination of field data and SWE 

reconstruction techniques.  Extensive snow depth and density field data were collected in mid-

April of both years in the accessible portion of the watershed (~50%).  These data were 

interpolated using a combination of binary regression trees and co-located co-kriging (using 

measured snow depth and binary decision tree predicted snow depth as co-variables).  The end-

of-winter SWE in the inaccessible portions of the watershed was quantified using a SWE 

reconstruction technique, wherein snow disappearance date from georeferenced oblique 

photographs was used to ‘backcast’ the initial SWE. Although the SWE reconstruction technique 

has become more common in recent years [Farinotti et al., 2010; Homan et al., 2011; Molotch, 

2009; Molotch and Margulis, 2008; Molotch et al., 2004; Raleigh and Lundquist, 2012], it is 

more often used in conjunction with temperature-index modeling and over larger regions.  It has 

been noted that the method may be improved by using an energy balance modeling approach 

[Molotch, 2009], especially in areas where snow events during the ablation season are common 

[Molotch, 2010].  In that respect, this work is a valuable contribution to the SWE reconstruction 

literature.   
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The final portion of the thesis, Chapter 4, investigated the role of groundwater storage in this 

watershed, through examination of the residual component of the water balance.  Previous 

studies have already established that subsurface flow and transmission of waters is important in 

this watershed [Hood et al., 2006; Hood et al., 2007; Langston et al., 2011; Lehmann-Horn et al., 

2011; McClymont et al., 2012; McClymont et al., 2010; McClymont et al., 2011; Roy and 

Hayashi, 2008; 2009].  The primary objective of this thesis was to investigate the hydrologic 

response time and to quantify the amount of groundwater storage that occurs.  Along with this, 

the relative importance of groundwater storage during different seasons was of interest. 

 

The storage estimated from the water balance indicated that the peak annual storage is 82-

116mm, comprising 10.8% of the total annual inputs in 2007 and 7.3% in 2008.  The centroid lag 

time was 3-5 days, indicating a quick response time during the peak of snowmelt, which 

coincides with the peak groundwater storage.  Although groundwater storage only comprised ca. 

one tenth of the annual water balance, examination of the integrated inputs and outputs revealed 

a regime shift that begins in early August.  August and September discharge in the basin exceeds 

the hydrologic inputs by ca. 20%, whereas prior to that (May through July), the inputs exceed the 

discharge. Therefore, although total storage is relatively small, release of groundwater to streams 

is an important contribution during the late summer and fall.  This finding has implications for 

understanding how late summer stream flow may be affected by changes in temperature and 

precipitation [Tague et al., 2008] and may play a role in regulation of stream temperature for 

aquatic species.   

 

Finally, the daily water balance data were used to calibrate a linear reservoir model, using both a 

‘one tank’ and a ‘two tank’ approach.  This is a model structure that has been used as a linear 

routing structure in distributed hydrologic models [Gurtz et al., 2003; Lindström et al., 1997].  

Although this linear ‘tank’ structure has since been superseded by other conceptual models such 

as ‘fill and spill’ process representation [Spence and Woo, 2003; Tromp-van Meerveld and 

McDonell, 2006], these models are still commonly used.  The results of the linear reservoir 

model results herein clearly illustrate the shortcomings of this approach in this watershed.  While 

the timing of discharge peaks is adequately captured, the magnitude of both peak flows and late 
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season flow are poorly simulated in this approach.  The simplest solution to a problem is the 

most desirable; however, the linear reservoir model does not accurately capture the dynamics of 

this system.  Going forward, more focused field studies on subsurface processes in alpine 

environments are needed. 

 

5.1 Future Work 

This thesis has contributed to the growing body of hydrological literature pertaining to alpine 

regions.  However, the diversity in geomorphology and geology, along with diverse climate and 

weather patterns between alpine regions may limit the transferability of conclusions from one 

watershed to another.  The magnitude of groundwater storage and the hydrologic response times 

in this watershed may be specific to the unique geology at this site.  The addition of similarly 

comprehensive field-based studies in watersheds with different lithologies will be important for 

understanding the range of hydrologic responses that can be expected in the Canadian Rockies 

and in alpine regions elsewhere.  Given the heterogeneities within the alpine environment, it will 

be important to focus future studies on elucidating the differences in hydrologic storage and 

transmission characteristics between different surficial geologic units (moraine, talus, alpine 

permafrost etc.) while considering the bedrock lithologies at each site. 
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APPENDIX A:  SNOW DATA INTERPOLATION METHODS 

 

A.1. Overview of methods 

Snow is a continuously distributed medium therefore an interpolation method is required to 

distribute discrete field samples.  In this work, the data is distributed to a 25m grid which is then 

used as input in a distributed snowmelt model.  There are many ways in which to distribute snow 

depth data and this is an on-going area of research. The most appropriate technique is dependent 

on the extent, spacing and quality of the field data in conjunction with the characteristics of the 

field data.  Methods of interpolating data range from multiple linear regression models [Chang 

and Li, 2000] to empirical binary regression trees [Anderton et al., 2002; 2004; Cline et al., 

1998; Elder et al., 1998] to geostatistical methods and further, methods that combine multiple 

approaches [Balk and Elder, 2000; Erxleben et al., 2002; Lopez-Moreno and Nogues-Bravo, 

2006].  All of these methods depend on first determining the independent variables that influence 

snow distribution at a given field site. Variables that influence snow depth and distribution 

include elevation, vegetation, slope, radiation and exposure to wind [Anderton et al., 2002; 2004; 

Winstral and Marks, 2002].   

 

Given the non-linearity in the relationship between snow depth and predictor variables [Bloschl, 

1999], the binary decision tree approach is commonly used [Balk and Elder, 2000; Erxleben et 

al., 2002; Molotch et al., 2005].  Some authors were able to explain 60-85% of the variance in 

snow depth by constructing a binary decision tree and then interpolating the residuals with 

geostatistical methods [Balk and Elder, 2000].  Binary decision trees were the best distribution 

method when compared against other methods such as inverse distance weighting, ordinary 

kriging and modified residual kriging, despite only explaining 30% of the variance in snow depth 

[Erxleben et al., 2002].  Despite the popularity and purported advantages of binary decision trees 

[Chang and Li, 2000] determined that multiple regression models were more accurate for 

predicting snow depth than decision trees.  Clearly, there are limitations to all of these methods 

and no single method is appropriate in all environments.   There remains considerable 

uncertainty in the estimates obtained from any interpolation method.  However, in the absence of 
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direct measurement of snow depth with either remote sensing or LiDAR data [DeBeer, 2012], 

interpolation of discrete field data is the best possible option. 

 

For this study, extensive field data (snow depth and density) was collected, just prior to the peak 

snow accumulation during April 16-21, in 2007 and 2008.  More details on the collection of 

these data can be found in Chapter 3, along with graphics depicting the distribution of snow 

depth data points (Figure 3.2). 

 

A.2. Binary decision trees 

The binary regression tree technique is an approach that uses empirical data to create a series of 

non-linear relationships between predictor variables.  The approach is especially useful for 

interpolating snow data because of the inherent non-linearity in snow processes [Bloschl, 1999].    

A further advantage is that there are no pre-requisites for the data such as normality or 

stationarity.  In this study, a separate binary decision tree was created for each year of data 

because the snow depth varies year to year.  However, an alternative approach may be create the 

decision tree based on data that is normalized (e.g. to measured winter precipitation).  Given the 

results in this study (Chapter 3), it is recommended that this approach be used in the future.  

Regardless, the decision splits can be evaluated for similarity year-to-year, which may be 

indicative of the role of terrain variables in the distribution of snow depth.   A more exhaustive 

review of the application of decision trees to distributing snow in complex terrain can be found 

in [Erxleben et al., 2002; Lopez-Moreno and Nogues-Bravo, 2006; Molotch et al., 2005]. 

 

A.2.1. Predictor variables 

Snow depth was the dependent variable, and the following predictor variables were used: 

1) Elevation: the elevation at the data collection point, as extracted from a LiDAR DEM 

2) Slope and aspect: the average slope and aspect in the 25m grid cell in which the snow depth 

measurement is contained. A 25m resolution was chosen because this is the resolution of the 

distributed snowmelt model and it is within the range of the accuracy of the handheld GPS used 

to record the measurement location. 
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3) Radiation:  on a 25m grid, adjusted for cloud cover.  Radiation was integrated over the 

preceding snow accumulation season (Nov1-April30).   

 

The variables ‘Easting’ and ‘Northing’ were also included in the initial stages of testing.  They 

were later excluded as predictor variables because the predictions where they were excluded 

were more accurate.  Additionally, these variables resulted in unrealistic ‘linear’ features in the 

snow depth predictions. 

 

A.3. Binary regression tree methods 

Binary regression trees can produce a perfect match between modeled and measured data (i.e. R2 

= 1.0) when the tree is ‘grown’ to a size in which every unique value has a discrete ‘bin’.  

However, this is inappropriate methodology because it does not provide information on the 

physical processes that are driving differences in snow accumulation, and has little predictive 

value.  The data set was divided into ‘training’ and ‘testing’ data sets so that the predictive 

relationships could be established using the training set and then evaluated on the testing set. 

Random samples were created from the full data set using a Matlab algorithm. The spatial 

distribution of the generated random points was checked visually in ArcGIS (not shown here).  

The distributions of each set are slightly different, although approximately normal (some minor 

differences in skewness). 

 

The ‘tree’ function in Matlab was used to establish the binary decision tree.  The trees were 

‘grown’ to a maximum number of terminal nodes (e.g. one node for discrete data value), and 

then an objective criteria was used to decide on the appropriate level of tree ‘pruning’.  I 

followed the protocol in which the tree was pruned to the node at which the R2 value did not 

increase by 0.005 (0.5%) or more. 

Experimentation revealed that the best prediction in the testing set was obtained with a greater 

level of pruning (Figure). 
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A.4. Geostatistical methods 

Several geostatistical methods were tested to determine the best interpolation approach.  

Methods included inverse distance weighting (IDW) and local polynomial interpolation (LPI), 

and various types of kriging estimates. The results of all methods will not be presented here.  

Some literature sources have indicated that estimation can be improved by using geostatistical 

methods to interpolate the binary regression tree residuals [Balk and Elder, 2000; Erxleben et al., 

2002].  In this dataset, this proved to be unsuccessful because there was essentially no correlation 

between predicted and measured regression tree residuals.   

 

The final interpolation choices included: 

1) Universal kriging 

2) Binary regression trees with Universal Co-kriging of measured snow depth 

3) Binary regression trees with Universal Co-located co-kriging of measured snow depth  

All methods produced a very similar mean value for the final predicted grid (see Table A.1).  

However, the universal co-located co-kriging method (using binary regression tree predicted 

depth and measured snow depth as co-variables) produced the lowest root-mean-square- error 

(RMSE) and the greatest slope in the cross-validation plot (indicating less conditional bias, or 

less over (under) estimation of low (high) snow depths) (Figure A-1, Figure A-2).  This 

interpolation method prioritizes the measured data but as distance from the measured data 

increases, the influence of the decision tree model increases.  It is important to note, that there is 

still conditional bias in the estimate.  This occurs because of the smoothing effect of the kriging 

estimate.  While the overall mean snow depth is likely to be well estimated, the local estimates 

will deviate from the true value due to this conditional bias.   

 

A.5. Snow Density Prediction 

In 2007 and 2008, 200 and 128 snow density measurements were taken throughout the 

watershed, respectively.  These data were used to create a regression equation to predict density 

at all locations in the watershed.  Density data was regressed against snow depth, elevation, slope 

and radiation (Figure A-5, Table A-2).  The highest correlation for both years occurred between 
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snow density and snow depth.  Elevation was moderately correlated with snow density in both 

years, and in 2007 there was a slight correlation between snow density and slope and in 2008 

there was a moderate correlation between snow density and radiation.  A multiple regression 

equation using both snow depth and elevation resulted in only a minor improvement (RMSE 

decrease of <3kgm-3) over using snow depth alone as the independent variable.  Therefore, snow 

depth was used as the sole independent variable in the regression.  A power relationship resulted 

in the best fit between modeled and measured data (R2=0.49 for 2007 and R2=0.36 for 2008, and 

RMSE=23.9 kgm-3 for 2007 and RMSE=33.4 kgm-3 for 2008).  Density in dry snow is unlikely 

to exceed 550 kgm-3 (Bruce Jamieson, pers. com) and the density predicted by the power 

equation ensures results in threshold behavior in predicted density.  Measured snow depths in the 

region in which the regression was applied reached a maximum of approximately 4.5m. 
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Figure A-1 Binary decision tree cross-validation for 2007 and 2008 snow depth data.  
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Figure A-2 Binary decision tree predictions for 2007 and 2008.   
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Figure A-3 Cross-validation of interpolation methods.  Cross-validation procedure leaves one 

point out for each estimation. 
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Figure A-4 Final snow depth interpolations for 2007 and 2008.  
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Figure A-5 Cross-correlation of April snow density with A.Radiation, B. Elevation, C. Slope and 

D. Aspect.  Radiation was calculated as the average radiation from Nov 1 to April 30, as 

modeled using ArcGIS and a scaling algorithm for cloud cover (see Ch.2). 
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Figure A-6 April snow depth versus density relationship. Regression equations shown by lines. 
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Figure A-6 Modeled versus measured snow density using a powerr depth-density regression 

equation.  Black line is 1:1. 

  



 

181 

References 

 

Anderton, S. P., S. M. White, and B. Alvera (2002), Micros-scale spatial variability and the 
timing of snow melt runoff in a high mountain catchment, Journal of Hydrology, 268, 158-176. 

Anderton, S. P., S. M. White, and B. Alvera (2004), Evaluation of spatial variability in snow 
water equivalent in a high mountain catchment, Hydrological Processes, 18, 435-453. 

Balk, B., and K. Elder (2000), Combining binary decision and geostatistical methods to estimate 
snow distribution in a mountain watershed, Water Resources Research, 36, 13-26. 

Bloschl, G. (1999), Scaling issues in snow hydrology, Hydrological Processes, 13(14-15), 2149-
2175. 

Chang, K.-T., and Z. Li (2000), Modelling snow accumulation with a geographic information 
system, Int. J. Geographical Information Science, 14(7), 693-707. 

Cline, D. W., R. C. Bales, and J. Dozier (1998), Estimating the spatial distribution of snow in 
mountain basins using remote sensing and energy balance modeling, Water Resources Research, 
34(5), 1275-1285. 

DeBeer, C. M. (2012), Simulating areal snowcover depletion and snowmelt runoff in alpine 
terrain, PhD thesis, 251 pp, University of Saskatchewan, Saskatoon, SK. 

Elder, K., W. Rosenthal, and R. E. Davis (1998), Estimating the spatial distribution of snow 
water equivalence in a montane watershed, Hydrological Processes, 12, 1793-1808. 

Erxleben, J., K. Elder, and R. Davis (2002), Comparison of spatial interpolation methods for 
estimating snow distribution in the Colorado Rocky Mountains, Hydrological Processes, 16, 
3627-3649. 

Lopez-Moreno, J. I., and D. Nogues-Bravo (2006), Interpolating local snow depth data: an 
evaluation of methods, Hydrological Processes, 20, 2217-2232. 

Molotch, N. P., M. T. Colee, R. C. Bales, and J. Dozier (2005), Estimating the spatial 
distribution of snow water equivalent in an alpine basin using binary regression tree models: the 



 

182 

impact of digital elevation data and independent variable selection, Hydrological Processes, 19, 
1459-1479. 

Winstral, A., and D. Marks (2002), Simulating wind fields and snow redistribution using terrain-
based parameters to model snow accumulation and melt over a semi-arid mountain catchment, 
Hydrological Processes, 16, 3585-3603. 
 
 

 

  



 

183 

APPENDIX B:  GEOREFERENCING PROCEDURE 

 

B.1. Overview 

The georeferencing of oblique terrestrial photographs was conducted using the method of 

Corripio [2004].  Additional software that was used included: ArcGIS, ArcCatalog, and Adobe 

Photoshop. The methodology for georeferencing oblique photography is described herein. 

 

B.2. Photo preparation 

Photos were pre-processed in software such as Photoshop.  Shadows over snow-covered areas 

were removed and dirty snow was adjusted to a brighter/white tone to ensure correct 

classification in future steps.  Clouds near the terrain horizon line were changed to a darker color 

to prevent accidental classification as snow.  Finally, ‘glare’ was removed from the photograph 

such that over-exposed rock surfaces were not classified as snow.  Following pre-processing, all 

images were exported from .raw format to .tiff.   

 

B.3. Georeferencing 

The method of Corripio [2004] was used in the georeferencing process. The georeferencing 

software uses a photograph, in conjunction with a digital elevation model and a viewshed to 

match ‘control points’ to their corresponding features on the photograph.   The viewshed is 

generated in ArcGIS, and results in a raster map of the regions that can be seen (‘1’) and not seen 

(‘0’) from the point of view of the camera. Control points are locations that are easily visible in 

the photo for georeferencing purposes.  The coordinates of these points were measured in the 

field using a differential GPS or visible features have been picked from the DEM.  They are 

typically landmark features (mountain peaks or passes, prominent bedrock features, rocks etc.) 

that are visible and easily identifiable on both the photographs and the digital elevation models. 

In the georeferencing process, the control points were matched with their counterparts in the 

photos, by manually and iteratively adjusting the ‘target’ or centerpoint of the photo.  Once a 

good fit was obtained, then the overlay of the DEM points was visually evaluated for accuracy 
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(Figure B.1).  If the fit was good, then the georeferencing was ‘accepted’.  If not, the procedure 

was repeated. 

 

B.4. Classification and mosaicking 

The georeferenced images were imported to ArcGIS and the ‘blue’ RGB band was exported as a 

separate layer.  A Visual Basic script was then used to classify the blue band image into ‘snow’ 

or ‘no snow’.  A second Visual Basic script was used to convert regions outside of the 

photograph but inside of the watershed boundaries to NoData. 

 

After the image was converted to a binary raster, it was again qualitatively assessed for accuracy.  

The features in the raster were compared to those on the high resolution (2m) LiDAR DEM.  If 

the georeferencing was good, all images from a given date were mosaicked into a single raster. 
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B.5. Figures and Tables 

 
Figure B-1 DEM overlain on photo (zoomed in so that DEM points are visible).  A compressed 

zone of dots is seen in the lower portion of the photo where a ‘rise’ in the terrain occurs.  The 

DEM points are properly aligned with the rise.  Likewise, on the upper right portion of the photo 

you can see the DEM points lined up with a slope feature. 
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whether or not a glacier is in an equilibrium position.  A glacier that is in equilibrium will have 

an AAR between 0.5 and 0.8 [Benn and Evans, 2010].  In 2007 the Opabin glacier AAR was 

0.38, and in 2008 the AAR was 0.55.  The AAR in conjunction with the mass balance results 

suggest that this glacier is retreating despite its position in a shaded north facing cirque.   
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C.1. Figures and Tables 

 
Figure C-1 Glacier mass balance for 2007 (left) and 2008 (right).  Bw is the winter balance, Bs 

is summer balance and Bn is net mass balance on a 25m distributed grid. 

 

 

 

 


